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Chapter 8  

 

LOW TEMPERATURE MINE RALS, EXCLUSIVE OF  

CARBONATES 

 
8.1 Introduction  

 Although carbonates are the most analyzed of all sedimentary phases, they are not 

the only option open to the stable isotope geochemist interested in reconstructing 

conditions or processes occurring in the past. There are a large number of other materials 

available, notably phosphates, cherts, iron and manganese oxides, and clay minerals. The 

benefits and disadvantages, as well as the information that can be retrieved from the non-

carbonate low temperature minerals, varies widely. Phosphates and cherts are thought to 

be far more resistant to diagenesis than carbonates. Clay minerals contain both oxygen 

and hydrogen and are of both marine and terrestrial origin. Bone or tooth apatite is now 

widely used for reconstructing temperatures in continental settings and for improving our 

understanding of extinct (and extant) animal physiology and behavior.  

 

8.2 Phosphates  

 Phosphates form over a wide range of pressure and temperatures and are 

somewhat of a ‘garbage-can’ mineral, incorporating hydroxyl, fluorine, chlorine and 

trace amounts of incompatible elements. Apatite is the most common phosphate mineral, 

consisting of the endmembers: 1) fluor-apatite, Ca5(PO4)3F; 2) chlorapatite, Ca5(PO4)3Cl; 

3) hydroxyapatite, Ca5(PO4)3(OH); 4) carbonate apatite, Ca5(PO4,CO3,OH)3(F,OH)1. 

Apatite is found in almost all igneous and metamorphic rock types, in sedimentary rocks, 

in meteorites and lunar samples, and as hard parts in animals, both as shell material and 

bone. In the following section, we are only concerned with low temperature, carbonate 

apatite, or ‘biological’ apatite (Kohn et al., 1999). One important distinction between 

phosphates and carbonates from a stable isotope point of view is that carbonate can form 

directly from water, whereas low-temperature inorganic phosphate formation is 

extremely slow unless mediated by biochemical enzyme-catalyzed reactions. 

 

8.2.1 Analytical techniques 

 Tudge (1960) was the first person to tackle phosphates for oxygen isotope 

analysis. He recognized that a major limitation of the carbonate paleothermometer was 

that one could not measure the d18O value of the water from which the carbonate 

precipitated. Tudge knew that two solid phases which precipitated at the same time and in 

equilibrium with each other could be used for paleotemperature estimates independent of 

the d18O value of water. Urey had calculated that the 18O/16O fractionation between the 

CO3
2- and PO4

3- ion were large and temperature sensitive, so that syngenetic carbonates 

and phosphates should act as an excellent paleothermometer (Fig. 8.1). One problem is 

that analysis by fluorination of phosphates is difficult. Earlier attempts by Craig and 

                                                 

1 Driessens (1980) gives a general formula for tooth enamel of Ca10(PO4)6(CO3)0.15(Cl)0.1(OH)1.6 and 

discusses chemical variations in detail. See Kohn et al. (1997) for additional analyses 
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Steinberg2 to fluorinate Ca3(PO4)2 were unsuccessful. Tudge developed a procedure 

whereby biogenic phosphate was dissolved in acids3, and ultimately reprecipitated as 

BiPO4, which was then fluorinated to yield 

O2 gas.  His technique was used 

successfully for some 30 years until a more 

straightforward method of producing 

Ag3PO4 rather than BiPO4 was published 

(Crowson et al., 1991). Originally converted 

to O2 by fluorination, Ag3PO4 is now 

converted to CO by high temperature 

reduction with graphite (O'Neil et al., 1994; 

Vennemann et al., 2002). In a majority of 

oxygen and carbon isotope studies of 

modern or relatively young biogenic apatite, 

the -2

3CO -bound oxygen and carbon can 

also be measured using the analytically 

painless phosphoric acid technique normally 

reserved for carbonates. Oxygen in the 

carbonate ion in apatite is far easier to 

analyze than oxygen in the phosphate ion, 

but is also more easily reset during 

diagenesis. 

 

8.2.2 Applications to marine paleothermometry 

 Tudge never pursued the phosphate thermometer, and the idea remained dormant 

until Longinelli took it over several years later (Longinelli, 1965). He measured 

phosphate from shells of living marine organisms, assigning average growth temperature 

to each sample (Longinelli and Nuti, 1973), thereby deriving a fractionation equation 

between phosphate and water4:  

 

t(°C) = 111.4 – 4.3(dp - dw + 0.5)            8.1. 

 

Like Epstein’s carbonate-water equation of 1953, Longinelli’s phosphate-water equation 

has stood the test of time. In this equation, dp and dw are the d18O values of the phosphate 

and water on the same scale. Typical values for dp of marine phosphates are 20‰ 

(VSMOW), corresponding to a temperature of 23°C if equilibrated with ocean water. 

Unfortunately, the temperature dependence (or TµD µ) of phosphate-water 

fractionation is almost identical to that of carbonate-water. There is a ~9‰ fractionation 

between carbonates and phosphates, but that fractionation remains constant over the 

                                                 
2 The work of Craig and Steinberg is discussed in Tudge, but not published. 
3 Even when dissolved in acid, oxygen in the dissolved-3

4PO ion does not exchange with the aqueous 

solution. 

4 Incorrectly stated in original paper. Modified by Friedman and O’Neil (1977) for a new aCO2-H2O value. 

Kolodny et al. (1983) derived an empirical calibration of 113.3 – 4.38(dp - dw), which is nearly identical to 

equation 8.1.  

 

Fig. 8.1. Urey’s calculations of 18O enrichment in 

phosphate relative to carbonate (Tudge, 1960). 

Curve A is for CO3
2-

(g) - H2O(l) , curve B is PO4
3-

(g) 

- H2O(l) , curve C is for PO4
3-

(g) - CO3
2-

(g) + 25 ‰. 
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entire temperature range of biological activity. The idea of using combined phosphate-

carbonate for paleothermometry was dead. However, phosphates could still be used as a 

paleothermometer by making the same assumptions about water composition as had been 

done for carbonates. Not ideal, for sure, but the resilience of phosphates to diagenetic 

alteration makes them an attractive mineral for paleoclimate reconstruction.  

The team of Kolodny, Luz and Shemesh at the Hebrew University revisited 

biogenic phosphates in the early and mid-eighties. In Kolodny et al. (1983) they 

addressed the following fundamental question: If the exchange rate between inorganic 

aqueous solutions and PO43- ions is so slow, then do organisms incorporate phosphate in 

oxygen isotope equilibrium with ambient water, or do they simply inherit the d18O value 

of the phosphate ion from food? They used several approaches to address this question. 

First, they measured the d18O values of fish bones living at different depths in Lake 

Baikal. Presumably, the d18O value of water and dissolved phosphate would be the same 

at all depths, but the lake is thermally stratified. If the phosphate oxygen incorporated by 

an organism was in equilibrium with ambient water due to enzyme-catalyzed exchange 

reactions, then there should be a regular increase in the d18O value of biological 

phosphate with depth (lower temperature, larger fractionation). If phosphate was 

incorporated wholesale, without reequilibration, then the d18O value of the fish bones 

should be constant, regardless of temperature. Indeed, the authors found that the d18O 

values of fish bones increased from 6.3‰ near the surface to 9.2‰ in the deepest levels, 

consistent with a 12°C measured temperature variations in the lake. Phosphate (at least in 

fish) appears to form in equilibrium with ambient water. 

A second test was to raise fish living in otherwise identical conditions, with food 

of different d18Ophosphate values. Fish meal varied by 5‰ between fisheries, but the 

D18Obone phosphate – water) values from all fisheries were the same. From these results it is 

clear that during apatite formation, phosphate oxygen bonds are broken through 

enzymatic reactions, and complete isotopic exchange with ambient (body) water occurs. 

With their fears allayed, they were ready to tackle problems of paleoclimate. 

One important observation was that for phosphorites, fish teeth and bones, and 

conodonts, there are clear trends toward lower d18O values in ancient samples. The trends 

could be due to changes in the 18O/16O ratio of the ocean with time, changing ocean 

temperatures, or diagenesis. Shemesh et al. (1983) made a strong case against diagenesis, 

demonstrating the diagenetic resistance of phosphorites by comparing coexisting cherts, 

carbonates and phosphates from the Campanian Mishash formation, Israel. If all  three 

phases preserved their initial equilibrium d18O values, then each mineral should have a 

distinct and unique isotopic composition. Instead, it was found that both cherts and 

carbonates had a range of d18O values, with only the very highest ones corresponding to 

expected primary values. All other samples appeared to have been reset. In contrast, the 

phosphates all preserved the expected d18O value of formation with very little variation 

(Fig. 8.2).  

The trend for marine phosphates plotted vs. age is remarkably similar to the 

marine carbonate curve (Fig. 8.3). The major difference, however, is that the carbonate 

curve excludes many samples that have been altered. The data used for generating the 

carbonate curve are “the cream-of-the-crop” – those few samples that most likely 

preserve primary d18O values. In contrast, the phosphate data include all analyses, clearly 

illustrating the resistance of phosphates to diagenesis. 
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8.2.3 Application to mammals-theory 

All of the abovementioned examples are 

for marine samples, with the ultimate goal of 

defining changes in temperature or the d18O 

value of the ocean over time. Longinelli (1973) 

first proposed analyzing bones or teeth from 

mammals, with a different goal in mind. Rather 

than using the data for marine paleothermometry, 

as is the case with marine ectotherms5, he 

envisioned using the oxygen isotope data to 

determine meteoric water values in ancient 

continental environments by using terrestrial 

endotherms. The d18O value of meteoric water is 

a function of temperature, latitude, altitude, etc. 

(see Chapter 4), so that the data from mammals 

would ultimately provide information about 

terrestrial paleoclimate. The basic idea is simple: 

The body temperature of a mammal is constant 

and consequently the d18O values of their apatite 

‒ either bones or teeth ‒ is a function only of the 

d18O value of their body water, which in turn is 

controlled by drinking (meteoric) water and 

metabolism. Thus the phosphate is an indirect 

proxy for ancient meteoric water values. As 

intriguing as this idea sounds, it was another 

decade before anyone paid it serious attention, perhaps because these were viewed more 

as biological problems, whereas most stable isotope laboratories were housed in 

geological institutes at the time.  

Longinelli (1984) laid-out the basic ideas and premises of mammalian bone 

phosphate: 1) the body temperature of mammals is constant, 2) the mean isotopic 

composition of environmental water (i.e., meteoric water) is the main variable controlling 

the oxygen isotope composition of body water, 3) bone or tooth phosphate occurs in 

equilibrium with body water. If these conditions are met, then mammalian phosphate is 

an indirect proxy for the d18O value of local meteoric water at the time the animal lived. 

Longinelli tested his idea by measuring blood samples from pigs, wild boar, deer and 

humans from various regions. The d18O values of body water for any local population 

were more-or-less constant. For each animal group, the d18O  values of body water and 

local meteoric water varied linearly, but the best fit slope of the data was always less than 

1. For pigs and humans the relationships are  

 

d18O blood = 0.88 d18Ometeoric water + 2.1      pigs                  8.2 

d18O blood = 0.60 d18Ometeoric water + 0.68    humans      8.3. 

                                                 

5 Ectotherms are what is commonly referred to as cold-blooded organisms, unable to internally regulate 

their body temperature. Endotherms are warm-blooded creatures, comprised by mammals and birds. 

Homeotherms are all animals that regulate their body temperature, regardless of metabolism. 

 
 

Fig. 8.2. Oxygen isotope composition of 

phosphorites, carbonates and cherts from 

the Mishash formation, Israel. The vertical 

arrows represent expected equilibrium 

values for the different minerals. Both 

carbonates and cherts are skewed to lower 

d18O values, consistent with diagenesis. 

The phosphates appear to preserve 

original, equilibrium d18O values, free 

from diagenesis. After Shemesh et al 

(1983). 
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Longinelli recognized that body water has two sources: drinking water and 

metabolic water. Metabolic water is formed during the oxidation of food. The source of 

the oxygen for metabolic water is atmospheric O2, which has a constant d18O value the 

world over. If an animal received all of its body water from the formation of H2O by air 

O2, then all individuals of that species would have a constant d18O value.  For the pig and 

human cases (equations 8.2 and 8.3), it appears that pigs get more of their water from 

drinking, although humans add a further complication in that they are known to drink 

liquids (bottled water, beer, wine, etc.) from all over the globe, thereby partially 

homogenizing their d18Obody-water value and flattening out the slope. 

Following Longinelli’s work, Luz et al. (1984a) provided a quantitative 

explanation for the relationship between the d18O value of body water and drinking water 

using simple box models of inputs and outputs6. Figure 8.4 illustrates the system. An 

organism has oxygen inputs from three sources: drinking water, atmospheric oxygen 

(metabolic water) and food oxygen. The d18O values of drinking water and food oxygen 

are closely related to local meteoric water, while atmospheric oxygen is constant with a 

value of 23.8‰. The major outputs are: fluid loss (urine, sweat, etc.), water vapor in 

breath, and respired CO2. Oxygen is also exhaled, but it is unused oxygen, and should 

                                                 
6 More detailed calculations have since been made (e.g., Ayliffe and Chivas, 1990; Bryant and Froelich, 

1995; Kohn et al., 1996), but results of these later models vary little from the original work. 

 

 
 

Fig. 8.3. Compilation of marine phosphate analyses as a function of time. 9.5‰ was added to all points in 

order to generate a curve directly comparable to carbonates, the latter shown by the continuous grey band. 

There is a general decrease in d18O value with increasing age. The ‘carbonates in apatite’ data are the d18O 

values of the carbonate component of the apatite. Unlike the phosphate-bound oxygen, which appears to 

preserve primary values, the carbonate component in old samples is clearly reset. Data from (Shemesh et 

al., 1983; Luz et al., 1984b; Kolodny and Luz, 1991; Lécuyer et al., 1993). 
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have the same d18O value coming in as going out (see, however, Epstein and Zeiri, 1988), 

so does not enter into the overall flux calculations. Evolved fluids are assumed to have 

the d18O value of the body water, whereas the d18O values of water vapor and CO2 are 

related to the body water by known 

and constant fractionation factors at 

37°C (D18Owater vapor – water = -8‰ and 

D18OCO2-water = 38‰). Fluxes 

normalized to O2 are given for each 

input and output. Note that the 

amount of evolved fluid is equal to 

the original fluid plus a contribution 

from metabolic water (F4). 

 If the animal remains a 

constant size, then the inputs and 

outputs must equal each other. The 

overall isotopic composition of what 

goes in must equal what goes out, 

otherwise, the d18O value of the 

organism would change. Mass 

balance is given by 

 

 
( ) ( )( )( ) ( )

1 23 2 3

1 4 1 1 4 8 5 35

F w F F f

x F F bw x F F bw F bw

d d

d d d

+ +

= + + - + - + +
                             8.4. 

 

Equation 8.4 can be rearranged to solve for the d18O value of body water as 

 

( )( )8 1 1 4 23 2 38 5 31

1 4 5 1 4 5

x F F F F F fF
bw w

F F F F F F

d
d d

- + + - +
= +
+ + + +

                            8.5. 

 

Equation 8.5 is in the same form to 8.2 and 8.3 (for constant df). The slope is defined by 

the proportion of drinking water related to oxygen generated by metabolic processes. The 

larger the fraction of metabolic water (the less an animal drinks), the shallower the slope 

relating d18Obody water to d18Ometeoric water.  

 There is a strong correlation between d18O and dD values of rabbits, kangaroos 

and deer (collagen) to relative humidity (Ayliffe and Chivas, 1990; Cormie et al., 1994; 

Huertas et al., 1995). These herbivores all derive a significant quantity of their water 

from plant water – water in leaves. Plants, in turn, undergo varying amounts of 

evaporative water loss as a function of relative humidity. The result is that this ‘humidity 

signal’ is recorded by the animal’s bones.  

 

8.2.4 Application to mammals - examples 

 Stable isotope analysis of mammalian bone and tooth enamel has been used to 

address a wide range of applications. One of the first was by Koch et al. (1989), who 

succeeded in demonstrating the power of using oxygen isotope geochemistry of 

mammalian apatite to address paleoclimate-related problems. Koch and his colleagues 

 

 
 

Fig. 8.4. Box model for estimating the d18O value of body 

water. Oxygen enters the body as drinking water, 

metabolic water (atmospheric O2) and food oxygen, each 

with a defined flux. Water leaves the body as fluids, water 

vapor and exhaled CO2, each with their own flux. The sum 

of the fluxes × d18O values of each input flux must equal 

the sum of the equivalent outputs, thus defining the d18O 

value of the body water. After (Luz et al., 1984a). 
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found that seasonal variations in mastodont and mammoth tusks were preserved, with 

low d18O values correlating to cold-season growth, and they showed that -2

3CO -bound 

oxygen in apatite retains its initial d18O value, at least for modern and fairly recent 

samples7.  

Since that work, a number of other seasonal variation studies have been made 

using spatial resolution measurements of tooth enamel. Tooth enamel is generally the 

phase of choice because it does not recrystallize during the life of the animal, and is far 

more resistant to diagenesis than bone. Enamel has a more-coarsely crystalline structure 

and lower organic content. The crystallinity of tooth enamel is unchanged over periods in 

excess of 1 million years (Ayliffe et al., 1994), whereas bone recrystallization occur in a 

matter of years (Tuross et al., 1989). The high organic content of bone also presents the 

opportunity for diagenetic alteration during early bacterial activity (e.g., Blake et al., 

1997). In Triassic samples, only tooth enamel appears to preserve original d18O values, 

while bone is clearly reset (Sharp et al., 2000). High spatial resolution studies have now 

been made on horse, beaver, sheep and dinosaur teeth. The researchers were able to 

constrain seasonal climate variations in the past and place limits on migration routes and 

distances.  

A simple, elegant application is given by the following example: A question that 

has been of great interest to evolutionary paleobiologists is when in Earth’s history 

cetaceans (whales, dolphins and porpoises) changed their metabolism from one where 

only fresh water could be ingested to the modern situation where their osmoregulatory 

system can cope with the excess salt load of drinking pure seawater. From fossil localities 

and their associated sedimentary formations, the relative timing of evolution from land to 

ocean was well known, but when the cetacean osmoregulatory system evolved was not. 

With this in mind, Thewissen et al. (1996) measured d18O values of cetacean teeth from 

                                                 
7 What defines a ‘recent’ sample in terms of whether diagenesis has occurred or not is quite variable, 

depending on conditions and material. Chemical changes in bone can occur in only a few years, with major 

crystallographic changes occurring over thousands to millions of years. How and when this might affect the 

d18O value of PO4
3- or CO3

2- oxygen is less clear. Pliocene, and perhaps Miocene samples often preserve 

initial d18O values in the CO3
2- site of phosphate.  

 
 
Fig. 8.5. d18O values of modern freshwater and marine cetaceans and samples from the Eocene Tethys 

showing the transition from freshwater to marine conditions. From Thewissen (1996). 
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Eocene Tethyan cetaceans. The d18O values of modern freshwater and marine cetaceans 

are distinct (Fig. 8.5). They found a jump between Ambulocetus natans and Indocetus sp., 

the former having d18O values consistent with freshwater and the latter clearly related to 

marine water. This result was unexpected, because Ambulocetus is found in sedimentary 

beds of unambiguous marine origin. The authors concluded that Ambulocetus ingested 

only fresh water, or that it lived in fresh water while its teeth were mineralizing, only 

later migrating to the ocean. Metabolic studies have also been made towards better 

understanding whether or not dinosaurs were homeotherms (Barrick and Showers, 1994; 

Fricke and Rogers, 2000). Interpretations are complex, but generally support the idea of 

endothermy or at least homeothermy. Along the same line of reasoning, Fricke et al. 

(2011) found that the d18O values of giant sauropod dinosaur teeth were far lighter than 

the carbonate sediments hosting the fossil samples. They concluded that the best 

explanation for the low d18Ovalues is that the dinosaurs migrated to higher altitudes ‒ on 

the order of 300 km. 

The primary use of oxygen isotope analyses of mammalian apatite has been to 

reconstruct paleo-meteoric water values, which themselves tell us a great deal about 

paleoclimatological conditions. Examples of fields that have been addressed include 

glacial-interglacial transitions (Ayliffe et al., 1992), paleoaltitude estimates (Kohn et al., 

2002; Fricke, 2003; Crowley et al., 2008), migration patterns (Koch et al., 1995) and 

 
 
Fig. 8.6. Carbon isotope composition of modern mammals, showing a mostly bimodal dietary 

preference, and of fossil mammals older than 8 Ma, which show evidence of a C3 diet only. The value 

of the diet is 14 ‰ lower than that of carbonate. After Cerling et al. (1998). 
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seasons of growth (Bryant et al., 1996; Fricke and O'Neil, 1996; Sharp and Cerling, 1997; 

Balasse et al., 2003). 

Carbon isotope variations in the carbonate-site in apatite are also used to 

reconstruct paleoclimatic conditions and paleodiet. First-order variations in d13C values 

of mammalian carbonate are related to the proportion of C3 and C4 plants in the diet of 

the animal. C3 plants have an average d13C value of -26.7‰, while C4 plants have a d13C 

value of -12.5‰ (see Chapter 7). The d13C value of tooth enamel is approximately 14‰ 

higher than the food source (Cerling et al., 1998). Relative to C4 plants, C3 plants are 

favored under conditions of high atmospheric p(CO2) and low daytime growing-season 

temperature. Cerling et al. (1993) found a global change in the d13C values of fossil horse 

teeth around 8 Ma (see section 7.5). Prior to this time, the d13C value of horse (and other 

grazing animals) teeth was restricted to a range of -15 to -8‰, with a mode at -10‰, 

typical of a pure C3 diet (Fig. 8.6). In more recent samples, there is a bimodal 

distribution. The C3 diet is still seen, but a second mode centered around 0 to 2‰ 

emerges, distinctive of a pure C4 diet. Over this same time interval, major evolutionary 

changes in flora and fauna occurred. Changes in vegetation due to lower CO2 levels in the 

atmosphere (CO2 starvation), and flora and fauna extinctions appear to be closely related.  

Dietary reconstruction using stable isotopes is important for archaeological 

studies. Early hominid diet is constrained by the carbon isotope composition of tooth 

enamel. There had been a general consensus that the 3 Ma hominid Australopithecus 

africanus lived on a diet of fruits and leaves, in agreement with the belief that they 

occupied heavily wooded habitats. If this were indeed the case, the d13C values of tooth 

enamel would be consistent with a nearly pure C3 diet, as is seen in modern primates. 

Instead, the d13C values from A. africanus suggest a mixed C3 and C4 diet, typical of 

carnivores and mixed C3-C4 feeders, but distinctly heavier than modern frugivore 

primates (Fig. 8.7).  

 
 
Fig. 8.7. Carbon isotope composition of different species from the 3-Ma Makapansgat Member 3, South 

Africa. C3 and C4 and plant eaters are distinct from one another. Mixed consumers and carnivores are 

intermediate, as is the hominid A. africanus. Modern primates (consumers) are also shown. After 

Sponheimer and Lee-Thorp (1999). 
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And finally, who can’t resist the dogs? Consider the following archaeological 

problem. Domestic dog vertebrae from the Mesolithic site of Star Carr, Yorkshire, 

England have d13C values indicating a marine diet. Apparently these dogs fed 

predominantly on scraps from coastal people who made periodic trips inland (Clutton 

Brock and Noe Nygaard, 1990). Their dependency upon the people is clearly established 

from the carbon isotope data. 

 

8.3 Cherts 

Cherts are composed of microcrystalline quartz replacing authigenic silica, either 

opal or quartz. Cherts do not form by direct precipitation from ocean water, at least not 

since the Phanerozoic. Dissolved silica concentrations are and were simply too low. 

Instead, silica-secreting organisms concentrates dissolved silica in their cells which later 

reprecipitates/recrystallizes to form opaline silica and ultimately chert beds or 

concretions. Pre-Tertiary deposits formed from silica-secreting radiolarians and sponges. 

Extensive deep ocean layers of biogenic siliceous oozes of mid-Tertiary and younger 

ages corresponds to the explosion of diatom populations. Very old samples of thick chert 

beds, such as the Precambrian iron formations, may have been directly deposited from 

seawater, but no one knows. 

  

8.3.1 Application to Precambrian chert deposits 

 Perry (1967) made the first systematic stable isotope study of Precambrian cherts. 

He analyzed massive chert beds where delicate microfossil remains were still evident, a 

good indication, he believed, that recrystallization and diagenesis had been minimal (see 

however, the discussion of neomorphism in Section 6.4.3). What Perry found was a 

systematic and dramatic decrease in the d18O values with increasing age, which he 

attributed to changing d18O values of ancient oceans. Later, more detailed work on 

Precambrian cherts (Knauth and Epstein, 1976; Knauth and Lowe, 1978) indicated that 

the very low d18O values were more likely artifacts of diagenesis. Lithographic facies and 

stratigraphic position strongly correlate with d18O values, consistent with at least partial 

diagenesis or precipitation from meteoric water. Nevertheless, the d18O values of the 

least-altered Precambrian samples were consistently 21-22‰ at 3.4 Ga, significantly 

lower than Phanerozoic equivalents of 30‰ or more (Fig. 8.8). The interpretation from 

the Knauth group was that the d18O value of the Archean oceans were buffered to a d18O 

value of ~ 0‰, as is the case today (section 5.6 for the idea of a buffered ocean), but 

temperatures of the ancient oceans were significantly hotter. 

Perry (and other authors since) suggested lower d18O values of the ocean; Knauth, 

higher temperatures. Each conclusion is profound in its significance. If the ocean was 

indeed lighter than today, then tectonic processes, which buffer the ocean to a near-

constant value, were very different in the past. Perry pointed out that tillites (products of 

glaciers) at 2 Ga were incompatible with overall high temperatures. Hren et al. (2009) 

measured both O and H isotope ratios in a 3.42-billion-year-old Buck Reef Chert rocks in 

South Africa and concluded that temperatures of the oceans were probably less than 

40°C. The low d18O values of the cherts reflect a lighter Archean ocean. Knauth, using 

the argument that the oceans are buffered by hydrothermal processes at mid-ocean ridges, 

has offered the explanation for the low d18O values as indicative of high Earth-surface 

temperatures. The tillites that were noted by Perry, it was argued, could have been a 
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transient feature. Temperature of 70°C or more are suggested for a near-zero d18OOcean. A 

70°C ocean would be scalding. For temperatures to change from steaming hot to glacial 

and back again is impossible today, with effective feedback mechanisms in place from 

plants, but could have happened in the past? The lack of a biological component to buffer 

p(CO2) could allow rapid changes in temperature. The chert data are some of the most 

compelling evidence for major temperature or isotopic differences in the ancient past. A 

completely unrelated methodology using the thermostability of phylogenetically 

dispersed ancestral elongation factors supports high temperatures in the Archean 

(Gaucher et al., 2008). 

 

8.3.2 Application to Phanerozoic cherts  

 Phanerozoic cherts have been analyzed by combining stable oxygen and hydrogen 

isotope data (Knauth and Epstein, 1976). For each group of data organized by age, the 

combined d18O-dD values define an array with dD/d18O slope of 8, equal to present 

meteoric water (Fig. 8.9). Knauth and Epstein argued that the slope 8 is a reflection of 

cherts having equilibrated with meteoric waters, similar to what is seen for kaolinites in 

section 8.4. Samples forming in equilibrium with ocean water would have the highest 

dD-d18O values for any age group, depending on the temperature of formation. Line-A in 

figure 8.9 defines the locus of samples in equilibrium with ocean water; higher 

temperatures plot at lower d18O and higher dD values8. For each age group, distinct 

                                                 

8 The temperature - d18O relationship of Line A is from experimental fractionation factors. The hydrogen – 

temperature dependence is empirical. 

 
 

Fig. 8.8. Compilation of d18O values of cherts by Knauth (2005). The upper curve is thought to 

represent the least altered samples most likely to be in equilibrium with seawater. The apparent jump at 

2.5 Ga is postulated by Knauth to be related to drawdown of CO2 during weathering of the extensive, 

long-lived continental cratons developed at this time. Temperature estimates are for quartz-water 

fractionations. 
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temperature ranges are given, highest in 

the lower Paleozoic and Triassic, lowest 

in the post Jurassic. The field for each 

age group, trending down from Line A 

with a slope parallel to the meteoric 

water line, is interpreted as samples 

having formed in equilibrium with 

meteoric water (or a mixture of 

meteoric and ocean water) at the 

average global temperature for that 

period of time. The data presented in 

Fig. 8.9 indicate very high temperatures 

approaching 40°C in the Lower 

Paleozoic and Triassic. These values 

are at the limit of what might be 

expected for the temperature tolerance 

of most advanced organisms. 

 At the sub-cm scale, the 

complexities of single chert samples 

become apparent. High spatial 

resolution data from single chert 

nodules show systematic antiphase 

periodicity in d18O and dD values 

(Sharp et al., 2002). The hydrogen and 

oxygen isotope variations cannot be 

explained in terms of diagenesis, 

because dD and d18O values change in 

opposite directions (Fig. 8.10). Instead, 

the authors suggested that during formation of the chert nodule in shallow sediments, 

temperatures periodically varied by up to ~10°C. This work illustrates both the 

complexity of single nodules, and also the resilience of the Jurassic-age sample to 

diagenesis. 

 

8.3.3 Diagenesis 

 All of the above conclusions are only valid if one can evaluate and account for 

diagenetic effects. As we have seen above, Knauth and Lowe (1978) recognized that 

significant diagenesis occurred in some Precambrian cherts, whereas others may not have 

changed by more than 3‰. Murata et al. (1977) measured d18O values of silica phases in 

the Miocene Monterey Shale formation in California, U.S.A, and found that there were 

abrupt changes in crystallography with depth, related to a progression from biogenic opal 

(opal-A) to opal-CT to microcrystalline quartz. For each silica ‘polymorph’, the d18O 

values are constant. Instead, a jump is observed across each transition (Fig. 8.11). If the 

samples had reequil-ibrated continuously as a function of temperature, then there should 

be a smooth variation in the d18O value with depth. Temperature of transformation were 

estimated as 35-50°C from opal-A to opal-CT and 45-80°C from opal-CT to 

microcrystalline quartz. Inherent in this assumption, is that the d18O values of the pore 

 
 

Fig. 8.9. dD - d18O plot of Phanerozoic cherts. Samples 

in equilibrium with ocean water should plot on line A, 

an empirical fit to the highest delta values for each 

group. Lines of constant temperature are drawn with a 

dD-d18O slope of 8, and are based on the quartz-water 

fractionation curve. Each age group plots in a field with 

slope 8, indicating that the samples formed in 

equilibrium with some combination of ocean water and 

meteoric water. After Knauth and Epstein (1976) 
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waters remained constant at 0‰.  

Monterey formation 

samples were reanalyzed using a 

stepwise fluorination technique 

developed to remove the effects 

of water contamination in the 

hydrous silica polymorphs. 

Results from the stepwise 

fluorination data give d18O values 

for the opal-CT that are 

considerably higher than earlier 

estimates, suggesting a 

temperature of this transition of 

20°C (Matheney and Knauth, 

1993).  

 

8.3.4 Application to recent 

sediments 

 Fresh biogenic silica has 

high organic matter and water 

content. Over millions of years, it 

recrystallizes to microcrystalline 

quartz. Water and organic matter 

are lost, so that the silica phase 

becomes essentially pure quartz. 

Whether or not changes in d18O 

values occur during the 

recrystallization processes is open to 

debate, but there is no problem with 

analyzing ancient cherts using 

conventional fluorination. Only 

minimal pretreatment is required 

because the sample is essentially 

pure quartz. For young and 

especially for modern samples, the 

complications of organic matter and 

high water content pose serious 

problems. Even purifying the silica 

phase is not a trivial task. Settling 

techniques are used to separate 

biogenic silica from detrital clays, 

and complicated chemical treatments 

are used to remove carbonate and 

iron oxide overgrowths. Organic 

matter is removed by treatment with 

NaOCl or hydrogen peroxide.  
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Fig. 8.10. Variations in hydrogen and oxygen isotope ratios as 

a function of the distance from center for chert nodules of 

Jurassic age. The antiphase periodicity of the nodules cannot 

be explained by diagenesis, which would lower both d18O and 

dD values in the same direction. Instead, the data are 

interpreted as reflecting temperature changes of ~10°C. After 

Sharp et al. (2002). 

 
 

Fig. 8.11. Variations in d18O values of chert vs. depth 

for the Monterey formation, California, USA. d18O 

values (diamonds) jump across each phase transition. 

Temperatures of each transition agree with expected 

geothermal gradient. Complications associated with 

changing porewater values should be considered. After 

Murata et al. (1977). 
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The most difficult task is to remove water from the highly-hydrated silica, which 

may be up to 12 wt% of the total opal. Several techniques have been employed to remove 

water without causing irreproducible shifts in the d18O value of the remaining dehydrated 

silica. 

Heating of opal at moderate temperatures in a vacuum will remove all water, but 

the resultant d18O values are not reproducible. Labeyrie (1974) showed that rapid 

cintering at 1000°C in vacuum removes all water with only a small d18O shift. 

Reproducibility of the method was later improved by first equilibrating the samples with 

water of known d18O value (Labeyrie and Juillet, 1982). Partial fluorination techniques 

have also been developed, where repeated partial fluorination reactions strip-away the 

hydrous component of the silica (Matheney and Knauth, 1989; Dodd and Sharp, 2010). 

The results from each method are generally similar (Chapligin et al., 2011), lending 

credence to their validity.  

 Given a method of analysis, modern and cultured samples could be analyzed in 

order to calibrate the silica-water thermometer. The first biogenic silica-water 

fractionation was made on diatoms9 that formed in the ocean (Leclerc and Labeyrie, 

1987). The empirical equation is similar to the extrapolation of the quartz-water curve 

determined experimentally at higher temperature 

 

        t = 17.2 – 2.4(d18Osi - d18Ow – 40) – 0.2(d18Osi - d18Ow – 40)2 (t in °C)                  8.6. 

 

Brandriss et al. (1998) cultured diatoms in the laboratory and measured the silica-

water fractionation. Their data varied linearly with temperature, but suggested a 

fractionation that was about 9‰ less than the abiogenic silica-water curve and the 

Leclerc and Labeyrie curve. The difference was unexplained until Dodd et al. (2012) 

measured both antemortem and postmortem diatoms and found a bimodal distribution in 

their d18O values. Measuring a modest lake core (pond, really) they were able to measure 

antemortem diatoms and then the same samples by returning to the pond after a period of 

several years of burial. They found that the modern samples matched the Brandriss curve, 

whereas those samples that had been buried for less than one year had completely 

reequilibrated to the ‘quartz-water’ curve (Fig. 8.12), demonstrating that: a) diatoms 

precipitate out of equilibrium with their surrounding water and b) they completely 

reequilibrate at an extremely rapid rate to the quartz-water fractionation. Similar 

conclusions were reached by Schmidt et al. (1997; 2001) by comparing marine samples 

in surface water, sediment traps and surface sediments.  

Like diatoms, sponges and radiolarian apparently do not precipitate in oxygen 

isotope equilibrium with ocean water.  

 

 8.3.5 Other silica applications 

 The d18O value of quartz has distinct ranges for different rock types. The d18O 

values of igneous rocks range from 8 to 10‰, metamorphic rocks, 10 to 16‰. Quartz 

from sandstones and beaches has a narrow range of 10 to 13‰. Shales are higher, 

                                                 

9 Diatoms are marine algae that deposit internal silica frustules. Because they are photosynthetic, they are 

only found in near-surface waters. Thus the d18O value should then reflect sea-surface temperatures. 
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ranging from 15 to 24‰, very 

similar to authigenic quartz and 

quartz overgrowths. Cherts have the 

highest d18O values, ranging from 

19 to 34‰. Blatt (1987) point out 

that the high d18O values of shales 

and mudstones cannot simply be 

reworked igneous and metamorphic 

rocks. Authigenic overgrowths 

formed during clay diagenesis and 

chert fragments must contribute to 

the high values, an idea that is 

supported by careful petrographic 

and isotopic analyses, as 

demonstrated by numerous studies 

(Fisher and Land, 1986; Hervig et 

al., 1995; Kelly et al., 2007) in 

which the overgrowth silica has 

d18O values in excess of 30‰.  

Burial diagenesis does not 

change the d18O value of quartz 

unless accompanied by 

recrystallization. With this in mind, 

sources of eolian transported fine-

grained quartz can be traced using 

oxygen isotope geochemistry. 

Mizota and Matsuhisa (1995) 

showed that quartz in the Canary Archipelago was sourced from the North African 

Sahara desert, on the basis of d18O values of quartz and 87Sr/86Sr ratios of mica. Sridhar et 

al. (1978) measured quartz from soils in Southwest United States and the Hawaiian 

Islands. Surprisingly, the d18O values of fine-grained materials from all locations ranged 

from 17 to 20‰. These values are not those of metamorphic and igneous rocks (8 to 

16‰), nor of cherts (~30‰). Sources could be shales or mixtures of light igneous 

material with heavier quartz of low-temperature origin. The quartz from Hawaii is 

probably sourced from Asian soils. 

 One last application mentioned here is using silica phytoliths as a proxy for 

continental paleoclimate reconstruction. Phytoliths are the siliceous secondary cell wall 

found in many grasses, particularly abundant in grasslands and steppes. In a series of 

papers by Webb and Longstaffe (see 2003), the d18O value of phytolith silica was shown 

to be a function of soil water composition and temperature. Leaves were affected by 

humidity, as well, due to transpiration. Empirical relationships between phytolith d18O 

values and temperatures were derived. Applications to ancient samples have not yet been 

made, as far as I know. 

  

 

 

 
 

Fig. 8.12. d18O values of diatoms from a small pond in the 

Valles Caldera, New Mexico. Living (antemortem) samples 

(green) have d18O values that appear to be far out of 

equilibrium with their ambient water. The same material, 

sampled only 1-2 years later (blue), has reequilibrated to 

the equilibrium quartz-water fractionation. After Dodd et 

al. (2012). 
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8.4 Clay minerals 

8.4.1 Early óbulkô sample studies 

 The d18O of coarse-grained clastic sediments generally mimics the host rock, with 

d18O values ranging from 8-11‰ (igneous rocks) and up to about 17‰ for some 

metamorphic rocks (Savin and Epstein, 1970a). Authigneic overgrowths will bring these 

values up into the 20+ ‰ range. Hydrogen isotope ratios are generally in the range of -80 

to -25‰, and is strongly controlled by mineralogy and particularly iron content. Biotites 

tend to have low dD values of -100 to -80, whereas muscovite, talc, and phengite have 

dD values as high as -30‰.  

Savin and Epstein (1970a,b,c) were the first to tackle the stable isotope 

geochemistry of clay minerals. They hoped to answer the question of whether or not clay 

minerals form in equilibrium with their surroundings and how easily they are altered after 

formation. In order to avoid complexities associated with mineral purification, they tried 

to measure nearly monomineralic samples, such as those from kaolinite and 

montmorillonite (bentonite) deposits. When analyzing shales, the d18O values for clay 

minerals had a small correction due to quartz contamination.  

 Savin and Epstein’s came to a number of general conclusions. They found that the 

d18O values of clay minerals mostly range from 16 to 26‰, higher than for igneous and 

most metamorphic rocks. Such high d18O values must have formed at low temperatures, 

where equilibrium D18Omineral-water values are large. But the scatter in the data was large 

 
 

Fig. 8.13. Correlation between d18O and dD values of kaolinite/montmorillonite with assumed local 

meteoric water for the region. The data indicate a strong relationship between the isotope values of the 

clays and the coexisting meteoric water demonstrating that the clay minerals faithfully record both the 

dD and d18O values of local meteoric water. After (Lawrence and Taylor, 1971). 
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enough to indicate an ‘exotic’ terrigenous component as well. The dD values are similar 

to igneous and metamorphic rocks, ranging from -90 to -40‰. Combined dD-d18O values 

of kaolinites formed a linear array which paralleled the meteoric water line. Savin and 

Epstein proposed that if the massive kaolinite deposits formed in mild and wet 

continental climates, then the oxygen and hydrogen isotope composition of the clays 

would be buffered by meteoric water, a concept that was later expanded upon by 

Lawrence and Taylor (1971) (Fig. 8.13). On the basis of estimated meteoric water values 

and temperatures of kaolinitization, the akaolinite-water values for oxygen and hydrogen were 

estimated as 1.027 and 0.970, respectively. Similar fractionation factors were calculated 

for montmorillonite and glauconite. 

 In contrast to kaolinite deposits, which form in terrestrial environments as a result 

of massive exchange with meteoric water, Savin and Epstein found that the d18O values 

of illites from ocean cores average 15.5‰, far lower than the equilibrium value for 

samples in equilibrium with seawater (approx. 27‰ for kaolinite-water). Similarly, 

montmorillonites from ocean core samples are approximately 17‰, also lower than the 

equilibrium value. They concluded that these minerals were at least partially of detrital 

origin, and that they had not reequilibrated on the ocean floor even after millions of 

years. Later Yeh and Epstein (1978) demonstrated that even hydrogen isotope exchange 

of detrital clays does not occur on the ocean floor in millions of years, except for the 

smallest size fraction (<0.1mm). 

 Bindeman et al. (2016) measured the d18O and dD values of shales from all over 

the world covering the remarkable age range of 500 to 3500 Ma. They found that glacial 

periods in the Precambrian had d18O values that were significantly lower (~4 to 10‰) 

than in interglacial periods. The pre-and post-glacial samples had the same isotopic 

compositions, suggesting a rapid return to weathering conditions that prevailed prior to 

the onset of the glaciation. Other than the very oldest samples 3300-3500 Ma, the range 

and absolute values of d18O values have not changed appreciably over time, suggesting 

similar weathering conditions throughout much of Earth’s history.  

 

8.4.2 Grain size considerations 

 The next advance in studies of clay minerals occurred when people started 

picking apart the various phases in clastic deposits. Separation and purification of clay 

minerals is extremely laborious and requires a number of chemical and settling 

techniques (Sheppard and Gilg, 1996), but the information that is gained is substantial. 

The effects of burial diagenesis are beautifully illustrated in a detailed isotopic study of a 

sediment core from the Gulf coast, southwestern United States (Yeh and Savin, 1977; 

Yeh, 1980). d18O and dD values were measured as a function of grain size and depth 

(Fig. 8.14). The data show clear trends with depth: 

¶ Oxygen and hydrogen isotope ratios in the shallowest levels most likely preserve 

detrital input from the Mississippi River.  

¶ With increasing depth, both the oxygen and hydrogen isotope data tend to 

converge on a single value, which is thought to represent equilibration with pore 

waters.  

¶ Hydrogen reequilibration occurs at ~70°C for all grain sizes, which is probably 

related to the breakdown of potassium feldspar (right panel, Fig. 8.14). 

¶ Oxygen equilibrium occurs at higher temperatures, which is almost certainly 
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related to recrystallization due to the onset of active diagenesis, characterized by 

the reaction of aqueous fluids with unstable detrital components. The near 

constancy of both isotope ratios below ~3800 m (100°C) suggests attainment of 

equilibrium. The unchanging values with greater depth also suggest that the system 

was rock-buffered, with the isotopic composition of pore waters, rather than rock, 

changing with depth.  

 

Longstaffe and Ayalon (1987) made a detailed petrographic-isotopic study of 

diagenetic minerals in a Cretaceous transitional marine to continental sequence in west-

central Alberta, Canada. They were able to recognize an increase in temperature with 

only a slight increase in d18O values of porewaters followed by a rapid decrease in d18O 

values of porewaters due to the infiltration of meteoric water, and finally a reduction of 

temperature to the present-day conditions (Fig. 8.15). What distinguishes this work from 

many purely geochemical studies is that they used petrographic information to infer the 

relative timing of formation of the different minerals, allowing them to infer conditions 

during multiple stages of a protracted pressure-temperature path for the formation. 

 The reader is referred to published review articles for more information 

(Longstaffe, 1987; Savin and Lee, 1988; Longstaffe, 1989). A discussion of fractionation 

factors for hydrous phyllosilicates can be found in Savin and Lee (1988). 

 

8.4.3 Paleoaltimetry  

 Stable isotope paleoaltimetry is based on the idea that the d18O and dD values of 

meteoric water change dramatically with altitude (see section 4.7.4). Minerals that form 

at the Earth’s surface should inherit a signature of the meteoric water, and hence preserve 

 
 

Fig. 8.14. Oxygen and hydrogen isotope ratios from Gulf Coast well 6 from Yeh and Savin (1977) and 

Yeh (1980). At shallow levels, the isotope data preserve the detrital input. With increasing depth, the 

oxygen, and more dramatically hydrogen, reequilibrate with porewaters until the differences between 

different size fractions disappear. The hydrogen reequilibration coincides with the conversion of K-spar 

to illite. (% feldspar from Hower et al., 1976). 
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information related to the altitude at 

the time the minerals formed. There 

are a number of minerals that have 

been used in paleoaltitude 

reconstruction, mostly soil and 

lacustrine carbonates, as well as 

animal teeth, and neoform 

phyllosilicates. The last of these ‒ 

essentially clay minerals ‒ provide 

added information in that they have 

both O and H isotope data, allowing 

for potential complicating factors, 

such as evaporation, to be evaluated 

(Mulch and Chamberlain, 2007). 

Additionally, many clay minerals can 

be directly dated (Clauer, 2013). As 

evident from Fig. 8.13, the isotopic 

composition of authigenic clay 

minerals is an indirect measurement 

of the isotopic composition of water 

attending formation of the minerals 

themselves. The isotopic composition 

of the meteoric water responsible for 

clay mineral formation is strongly 

dependent on the altitude at the time 

of formation (Poage and 

Chamberlain, 2001), so that the 

isotopic composition of the neoform 

minerals is an indirect estimate of the 

altitude of mineral formation. Stable 

isotope paleoaltimetry has been 

applied to virtually every major 

mountain range in the world.  

 Clay minerals applicable to 

paleoaltitude studies include 

kaolinites from weathered soil 

horizons, smectites formed during the weathering of volcanic ash layers, and micas 

formed in shear zones (Mulch and Chamberlain, 2007). Fig. 8.16 shows the d18O values 

of mulitiple authigenic minerals from the northern Great Basin region, USA with a 

dramatic change to lower values beginning in the middle to late Eocene (Horton et al., 

2004). The authors attribute the change to a ~2km increase in the elevation of the region 

in the middle Eocene to early Oligocene.  

  

8.5 Iron oxides 

 The iron oxides hematite (Fe2O3) and goethite (a-FeOOH) are common low-

temperature alteration phases in the terrestrial and marine environment. They are found in 

 
Fig. 8.15. Evolution of oxygen isotope ratios of 

porewaters from a transitional marine-terrestrial 

sequence from the Cretaceous-age Alberta Basin. 

Oxygen isotope ratios first increase due to exchange 

with newly-formed authigenic minerals, and then 

decrease as meteoric water infiltrates the system. After 

Longstaffe and Ayalon (1987). 
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a bewildering array of environments when water and the oxidizing conditions of the near 

surface are encountered; from oceanic spreading centers, to soils, to precipitates on 

bones. Goethite has a small Fe(CO3)OH component. This means that oxygen, hydrogen 

and carbon isotopes can all be measured from the same sample, providing multiple 

constraints on the conditions attending formation. Yapp (2001) presents a nice review of 

the field. 

 As with many fine-grained materials, sample preparation is important. Selective 

dissolution methods are used to purify different ferric oxides. In addition, silicates are 

invariably intermixed with fine-grained ferric oxides, so that mass balance techniques are 

necessary to retrieve the pure ferric-oxide d18O value (e.g., Yapp, 1998; Bao et al., 2000). 

The analyzed data must be interpreted in terms of known fractionation factors, in order to 

retrieve temperatures of formation. The discrepancy between calibrations for goethite-

water is quite remarkable (see Yapp, 2001, Fig. 2). No discrepancy exists for hydrogen 

isotope fractionation, but that might be because there is only one calibration that has been 

published! 

 The fractionation between 

goethites forming in modern soil and 

local mean meteoric water range from 

-1.5 to 6.3‰ (Bao et al., 2000). Such 

a large spread of D18O values cannot 

be explained by temperature 

variations alone. Instead, processes 

such as evaporation in the soils where 

the goethites are forming causes 

dramatic shifts in the d18O values of 

soil water. 

 Yapp measured the d18O and 

dD values of goethites from a recent 

bog iron deposit and lateritic soil 

(Yapp, 1997). His temperature 

estimates for the recent materials 

were in excellent agreement with 

modern (summer) values. Turning to 

ancient samples (Ordovician to 

Cretaceous) he predicted that d18O 

values of goethites from low latitudes 

had formed under conditions of high 

rainfall, and that the meteoric water 

cycle affecting the late Cretaceous 

samples was different from today due 

to the effects of the Late Cretaceous 

seaway (Yapp, 1998). 

 Goethite geochemistry has also been used to calculate the partial pressure of CO2 

(pCO2) in the atmosphere. CO2 is formed in soil from the oxidation of organic matter. 

The pCO2 in soils increases downward from the surface while the d13C value decreases. 

Yapp and Poths (1992) measured the concentration and d13C value of the Fe(CO3)OH 

 
 

Fig. 8.16. Oxygen isotope values of various authigenic 

minerals from the northern Great Basin, USA. A clear 

break in the isotopic data is seen between 40-30 Ma, 

suggesting a change in altitude or circulation at this 

time. After Horton et al. (Horton et al., 2004). 
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component of a goethite deposit of Late Ordovician age. They found that the atmospheric 

pCO2 during the goethite formation was ~16 times higher than present values.  

 The above examples of low temperature materials used for reconstructing 

paleoclimate or conditions of diagenesis are by no means complete. Researchers have 

analyzed pretty much anything that exists near the Earth’s surface, and more often than 

not, the information is particularly useful. Amber, egg shells, snails, coal, collagen, 

hackberries, hair, manganese coatings, and volcanic ash are only a few of the additional 

materials that have been addressed with stable isotope geochemistry to address surficial 

processes. 
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