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Chapter 11

IGNEOUS PETROLOGY
11.1 Introduction
Igneous rocks make up far-and-away the majority of the crust, and if we include
the mantle, overwhelm all other rock types. Inevitably, every rock at the Earth’s surface
owes its origin to igneous rocks. Processes that occur in the near-surface environment can
ultimately be best understood if we have a firm understanding of the composition and
compositional range of different isotopic reservoirs, particularly those of the mantle.
Igneous rocks can undergo a variety of modifications on their way to the surface. From a
pristine mantle-derived magma, isotopic changes occur during fractional crystallization,
assimilation of country rock, magma mixing, degassing, and hydrothermal alteration.
Alteration can also occur at depth by subduction-related contamination and mantle
metasomatism. All of these processes have been addressed using stable isotope
geochemistry. This chapter is organized from the inside-out. That is to say, we start from
the mantle and work towards the surface.
Oxygen is the major component of the mantle. The oxygen isotope composition
of the oceans and all meteoric waters are ultimately controlled by hydrothermal
interaction with oceanic igneous rocks of mantle origin. Carbon, sulfur, nitrogen and
hydrogen are all trace components in the mantle. Nevertheless, due to the immensity of
the mantle, even relatively small amounts of degassing of these elements can affect, or
has affected in the past, their isotopic compositions in the terrestrial environment.
Although there are important exceptions, the stable isotope compositional range of
mantle materials are generally limited. The much larger isotopic variability seen in
crustal igneous rocks is ultimately due to low temperature, upper crustal processes1.
Many igneous rocks preserve an isotopic signature characteristic of a low-temperature
alteration event. Where in their genesis these rocks inherited such a signature is an
important aspect of stable isotope geochemistry as applied to igneous rocks and ore
deposits.
11.2 The Mantle
The mantle is heterogeneous no matter how it is viewed. A seismologist sees
distinct zones, layers and crosscutting slabs. This does not necessarily correlate with a
geochemists view of the mantle. A seismic discontinuity related to density variations may
not manifest itself chemically. From a geochemical standpoint, the mantle is
heterogeneous with respect to elemental concentrations, radiogenic isotope geochemistry
and stable isotope geochemistry.
The chemical composition of the mantle is more heterogeneous than it was early
in Earth’s history. Removal of melts leads to a mantle depleted in incompatible elements
while addition of subducted material adds crustal-derived volatiles to the mantle. Perhaps
the mantle was well homogenized after the Giant Impact between a Mars-sized impactor
and the proto-Earth, which is responsible for the Earth-Moon system. It is thought that
1

For oxygen and hydrogen, large variations are controlled by processes of fractionation related to the
meteoric water cycle; for carbon, nitrogen and sulfur, biogenic processes are far more important.
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the energy of the impact would have led to a magma ocean which presumably would
have homogenized the mantle. However additional material was supplied to the Earth
hundreds of millions of years after the Giant Impact, and this late delivery may be
responsible for a significant amount of Earth’s water. The chemical composition of a
homogeneous, primordial mantle is termed the bulk silicate Earth, or BSE. Formation of
continental crust led to development of a depleted mantle component, so that in the
simplest case, we have three components – the BSE, the depleted mantle and continental
crust.
The mantle has also been contaminated by reintroduction of crustal material
during subduction. Radiogenic isotope, rare gas and trace element geochemistry allow for
a number of mantle subdivisions to explain multicomponent chemical trends (see van
Keken et al., 2002 for a review). Based on fundamental chemical differences between
mid-ocean ridge basalts (MORB) and ocean-island basalts (OIB), the mantle has been
divided into a primitive mantle, where the chemical composition is similar to the bulk
silicate Earth (BSE) and a depleted mantle, manifest at mid-ocean ridges (DMM –
depleted mid-ocean ridge MORB mantle). Further subdivisions include a sub-continental
mantle, which has been affected by subduction and may have been isolated from other
mantle regions for extended periods of time. High 3He/4He ratios of OIB have been
interpreted in terms of a primitive, undegassed component. An enriched mantle source,
defined by Rb/Sr, Sm/Nd and (U + Th)/Pb ratios that are higher than primitive mantle, is
sampled at several hot spots (e.g., Hawaii, Pitcairn, Samoa). Zindler and Hart (1986)
further divided the enriched mantle into three components2 and proposed that all oceanic
mantle compositions could be derived by mixing between these components and a
depleted MORB mantle (DMM). Hart et al. (1992) added a lower mantle component,
presumably transported by plumes. Given the chemical complexity of the mantle, it is
now unclear whether the simple primitive mantle, representative of the bulk silicate earth
even exists today!
11.2.1 Oxygen
In the absence of contamination by crustal material, the oxygen isotope
composition of the mantle has a very limited range. This is because the fractionation
between the major minerals and melts in the mantle are small. Excepting spinel and CO2,
the fractionation between olivine and other phases such as pyroxene and silicate melts
will be far less than 1‰ at mantle temperatures. Fractional crystallization, which is the
process whereby crystals are removed from a melt by gravitational settling, will have a
very minor effect on the 18O value of the magma until the melt evolves beyond the
composition of basalt into the andesite or dacite field with the concomitant precipitation
of quartz (Fig. 11.1). Isotopic shifts will be larger for hydrous melts, but probably never
exceed 1.5‰ during simple fractional crystallization.
A pristine sample of mantle, not contaminated by subducted material, would
provide us with the BSE composition and the oxygen isotope composition of the Earth .
If such a sample existed, then deviations from it could be used to evaluate subtle degrees
of contamination or chemical removal. Sampling the pristine mantle is not trivial. We
only have access to samples now at the Earth’s surface. Samples now at the surface that
2

These are HIMU (high (U+Th)/Pb without high Rb/Sr) and EMI and EM2 (enriched mantle 1 and 2)
which may contain recycled continental material, or have undergone mantle metasomatism.
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Fig. 11.1. Calculated 18O values of melt and olivine crystals during progressive fractionation
crystallization (toward lower MgO contents). Only when the residual melt reaches a very high SiO2
content (low wt% MgO in melt) does the 18O value change appreciably. After Eiler (2001).

originated at great depths have had abundant ‘opportunities’ to be modified during ascent
by processes such as mixing, segregation, degassing, polymorphic transformation,
assimilation, breakdown of high pressure minerals and rapid surficial alteration of
unstable phases. Therefore, one of the most difficult tasks in mantle studies is seeingthrough the modifications that can and often do occur. Three approaches have been used.
The first is to use meteorite and lunar data as a proxy for the mantle. The second is to
analyze mafic lavas, and the third is to analyze xenoliths or phenocrysts hosted in the
lavas themselves. In spite of all the effort that has gone into answering the basic question
of the oxygen isotope composition of the Earth’s mantle, we still do not have a good feel
for what the 18O value of the deep mantle is, clouding the refinement of the bulk 18O
value of Earth.
Meteorites and Lunar basalts
Meteorites and lunar basalts can be used as a proxy for the bulk Earth 18O value.
The 18O and 17O values of all meteorites are extremely scattered (Fig. 13.4). Enstatite
chondrites, which most closely represent the bulk Earth in terms of the three oxygen
isotopes, have a narrow range of 18O values centered around 5 to 6‰. The moon lies on
the 17O-18O terrestrial fractionation line, strongly supporting a common origin for the
Earth and Moon, or at least a well-mixed system. The 18O values of lunar samples have
a very restricted value clustering at 5.7‰ (Spicuzza et al., 2007). If the Earth-Moon were
truly homogenized during the Giant Impact, then the 18O value of 5.7‰ should also
apply to the bulk Earth. See Chapter 13 for more on extraterrestrial samples.
Mafic Lavas
Mafic lavas and their mantle-sourced nodules are the material at the Earth’s
surface closest in composition to the mantle. However, there is a wealth of evidence
indicating that the chemical compositions of most mafic lavas at the surface have been
11-3
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modified from what they were at depth. Mafic magmas are often very fine-grained and
glassy. Surface alteration, degassing and hydration occur very quickly. Phenocrysts tend
to be less altered than the groundmass, and generally have a more restricted range of 18O
values than bulk basalt (Kyser, 1986; Eiler et al., 1995). There is a strong correlation
between Fe2O3/FeO or water content and 18O values of young submarine basalts (Fig.
5.7). Samples with the least degree of alteration are those with low water content and low
Fe2O3/FeO ratios (Kyser et al., 1982). Bulk basalt samples have a wide range of 18O
values (Fig. 11.2).
The oxygen isotope composition of MORB is very homogeneous. Ito et al. (1987)
determined that the 18O value of fresh MORB glasses ranged from 5.3 to 6.2‰,
averaging 5.7±0.2‰. Slight variations correlating with Sr, Nd and Pb isotope data were
interpreted in terms of contamination by a small percentage of recycled crustal material.
Analyses by laser fluorination also have a limited range of 18O values that average
5.5‰, and similar conclusions have been made regarding contamination by subducted
material (Eiler, 2001).
9
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Fig. 11.2. Compilation of oxygen isotope values of oceanic and continental basalts vs. Mg #.
The wide range of 18O values in the range of ‘pristine basalts’ (Mg#=0.68-0.75) has been
used as evidence for mantle heterogeneity. Shaded area shows ‘pristine’ mantle value. After
Harmon and Hoefs (1995).

Ocean Island Basalts range from 4.6 to 7.5‰ (mean of 5.5±0.5 1) and
continental basalts range from 4.5 to 8.1‰ (mean 6.1±0.7) (Harmon and Hoefs, 1995).
On the basis of the wide range of 18O range for ‘unmodified, primary mantle partial
melts’ (Mg# of 0.68-0.753) of 5 to 7‰, Harmon and Hoefs concluded that the upper
mantle is clearly heterogeneous with respect to oxygen isotope ratios (Fig. 11.2).

3

Mg # is defined as the molar ratio of Mg/(Mg+Fe).
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Several lines of evidence indicate that the basalt data may not accurately reflect
the isotopic composition of the mantle. There are a number of studies that illustrate subtle
alteration features that could easily be overlooked. In samples that show little chemical
evidence of alteration or contamination by crustal material during ascent, unusual
hydrogen isotope compositions or large variations in the isotopic composition of
xenocrystic material may indicate cryptic alteration (Dobson and O'Neil, 1987; Baldridge
et al., 1996; Feldstein et al., 1996). Clear evidence of basalt glass alteration can be seen
when comparing the glass data with coexisting phenocrystic material. For example, the
oxygen isotope ratios of fresh, recently-erupted submarine volcanic glasses from the
Pitcairn seamounts range from 5.8 to 7.4‰ (Woodhead-Jon and Devey-Colin, 1993). In
contrast, the 18O values of olivine phenocrysts from basalts from Pitcairn island are
homogeneous at 5.2‰, indistinguishable from typical mantle values (Eiler et al., 1995).
For these reasons, recent studies tend to focus more on resistant phenocrysts or xenoliths
than basalts themselves.
Phenocrysts and xenoliths
Olivine and pyroxene are the principal minerals making up mantle xenoliths. Very
early on in the isotope game it became clear that olivine was notoriously difficult to
fluorinate using the extraction techniques that were available at the time. Taylor and
Epstein (1963) found that only 60 and 80‰ of olivine reacted with fluorine. Only one
analysis gave an oxygen yield of 88%4, which they considered reliable. Several
researchers (Reuter et al., 1965; Garlick, 1966) circumvented the problem by first fusing
olivine with quartz of a known composition to make a pyroxene glass, which could easily
be fluorinated. The 18O value of the olivine could then be determeind by simple mass
balance. Clearly the problems associated with analyzing olivine were well known.
Javoy analyzed a number of olivine samples from peridotite massifs and obtained
18
 O values of 5.2±0.08‰ (Javoy, 1980). Later work by a number of researchers showed
that 18O values of olivine spanned a considerable range of 4.5 to 7.5‰. The spread of
data was interpreted in terms of heterogeneous mantle reservoirs (Kyser, 1986) or mantle
metasomatism (Gregory and Criss, 1986). It now appears, however, that much of the
variability may have been an artifact of the analytical technique. Fluorination of olivine
by laser heating results in a far smaller range of 18O values, with a mantle average of
5.18±0.28‰ (2) (Mattey et al., 1994), and a total range of 4.8 to 5.5‰. The 18Ocpx-ol
values average 0.4‰, consistent with a constant (temperature insensitive) fractionation at
mantle temperatures.
The laser fluorination data indicate that the 18O value of the mantle is far less
heterogeneous than had previously been thought. The large variations in oxygen isotope
values found in OIB basalts therefore need to be considered in terms of alteration
immediately prior to, during, or post eruption. The mantle value of 5.2‰ has been used
as a benchmark from which to estimate the degree of crustal contamination. For example,
olivine phenocrysts from Pitcairn basalts are indistinguishable from the mantle average
value of 5.2‰ (Eiler et al., 1995), whereas the basalts themselves are quite scattered.
4

The oxygen yield is the relationship between amount of O2 gas produced (determined manometrically)
and the theoretical yield based on sample weight and stoichiometry. For example, quartz has 16.64 mol
O2/mg quartz, such that 10 mg of quartz should evolve 166.4 mol of O2 during the fluorination procedure.
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Eiler et al. concluded on the basis of the ‘mantle’ oxygen values that incorporation of
subducted sediment is not the explanation for the unusual Sr, Nd and Pb isotope ratios
exhibited by these EM1 ocean island basalts. If the mantle is indeed as homogeneous as
is presently thought, then even slight variations of a few tenths of a per mil – what would
be considered ‘noise’ in most studies – have geological significance.
Mantle Eclogites
The discovery of oxygen isotope anomalies in mantle eclogites provided the earth
science community with direct geochemical evidence for subduction and recycling of
crustal material. Originally misinterpreted as being a function of fractional crystallization,
the large variations in 18O values of mantle eclogites were instead considered by
MacGregor and Manton (1986) and Ongley et a.l (1987) to be the result of

Fig. 11.3. Oxygen isotope values of garnet and clinopyroxene in mantle eclogites. Also shown
is the distribution of peridotites (not at same frequency scale, n>100). Data from (MacGregor
and Manton, 1986; Ongley et al., 1987; Shervais et al., 1988; Caporuscio, 1990; Mattey et al.,
1994 ; Snyder et al., 1995; Viljoen et al., 1996; Smart et al., 2014).
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metamorphosed subducted oceanic crust. Unlike peridotites, which have a very narrow
range of 18O values, mantle eclogites span a range of 2 to 8‰ (Fig. 11.3). The large
variation in 18O values cannot be explained in terms of any known mantle processes.
Instead, the spread in 18O values is remarkably similar to those seen in altered oceanic
crust (Figs. 5.8, 5.9). The carbon and sulfur isotope data presented in the following
sections support the pre-subduction near-surface alteration signature for eclogites.
Anomalously high 18O values have also been found in silicate inclusions from diamonds
sourced at depths of >350 km (Burnham et al., 2015), indicating that mafic rocks altered
near the Earth’s surface have been subducted to great depths.
11.2.2 Carbon
There has been a considerable effort made towards understanding the carbon
isotope systematics of the mantle. It is now quite clear that the range of carbon isotope
values in mantle phases far exceeds that of oxygen. There are a number of proposed
mechanisms for the large range. Compelling arguments have been made for each
proposed mechanism, and, not surprisingly, the geological community has yet to reach
consensus. One important difference between carbon and oxygen isotope systematics is
that carbon isotope fractionation between relevant mantle phases is large even at high
temperatures (Fig. 11.4) primarily because carbon exists in different oxidation states.
Contrast this with oxygen, where fractionations are too small to have any significant
consequence at mantle temperatures. A review of carbon in the mantle can be found in
Deines (2002).

Fig. 11.4. Carbon isotope fractionations between phases at moderate to high temperatures.
References: 1) (Bottinga, 1969); 2) (Scheele and Hoefs, 1992); 3) (Chacko et al., 1991) & (Scheele
and Hoefs, 1992); 4) (Bottinga, 1968); 5) (Richet et al., 1977); 6) (Deines, 1980).
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Carbon composition inferred from crustal reservoir
All crustal carbon is sourced by the mantle. The huge carbon flux along mid
ocean ridges is sufficient to supply all terrestrial carbon in 300 to 700 million years
(DesMarais, 1985)5. If all carbon in the crustal reservoir is derived from the mantle
without appreciable isotopic fractionation, then the 13C value of the overall mantle can
be determined from the bulk crustal value using mass balance equations, knowing the
sizes and 13C values of the two major crustal reservoirs, carbonate and organic carbon
(see section 7.2.1). If we assume that the 13C value of carbonates and organic matter are
0‰ and -25‰, respectively, with an abundance ratio of 4 to 1, then the bulk 13C value
of the crust is -5‰. This should be the mantle value as well.. Other published estimates
of this kind range from -4.5 to -7‰ (e.g., Hoefs, 1973).
Diamonds and graphite
Diamonds are arguably the best phase for addressing the 13C values of the
mantle. They are unambiguously of
mantle origin and once formed, are
certain to retain their carbon isotope
ratio. 13C values of diamonds have a
huge range from -40 to +5‰ (Cartigny,
2005; Smart et al., 2011). A number of
observations are apparent from the
compiled data (Fig. 11.5):
1) There is a very pronounced mode at
-5 to -6‰. 2) The data are skewed
towards negative values down to less
than -30‰. 3) There is a sharp upper
limit to the data at approximately -1‰
with a few rare exceptions at higher
13C values. The low 13C values are
almost exclusively eclogitic diamonds
(E-type), and not peridotitic diamonds
(P-type).
A number of mechanisms have
been proposed to explain the data.
Those considered most probable are the
following:

Fig. 11.5. Carbon isotope values of diamonds. The
mode is between -5 and -6‰, skewed towards low
values. The low values are due to eclogitic and
metamorphic (not shown) diamonds. After Cartigny
(2005).

5

1) Recycling of surficial carbon:
The 13C value of the mantle is
between -5 and -6‰ and samples with
higher, but especially lower 13C
values, are caused by contamination
from
subducted
material.
This

Presumably there is a return flux to the mantle via subduction of a (near?) equivalent magnitude.
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argument is strongly supported by correlation of the 13C values of diamonds with their
occurrence. The P-type diamonds hosted in peridotites have a generally narrow range of
13C values that are close to the presumed mantle value of -5.5‰. The E-type diamonds
have peak 13C values similar to peridotitic diamonds and tail down to an extremely low
13C values of -40 ‰ (Smart et al., 2011). The low 13C values are easily explained by
subduction of light organic matter. As we have already seen earlier, the 18O values of
eclogites are anomalous compared to the rest of the mantle, and have been explained in
terms of subducted altered crust. As a logical extension, the low 13C values of the E-type
diamonds are explained by a subducted organic source. The logic is simple and requires
no extraordinary processes other than that oceanic material has been subducted to mantle
depths. Low 13C organic matter of Archean age is known to exist and thought to the be
result of methane-fixation by methanogenic bacteria (e.g., Eigenbrode and Freeman,
2006). Further evidence for a surficial subducted component is the non-zero 33S of
inclusions within diamonds (Farquhar et al., 2002a). Mass independent sulfur isotope
fractionations presumably require photochemical-induced mass-independent reactions,
which demonstrates that (at least) the inclusions within some diamonds must have been at
the surface at one time. The idea of subducted light carbon works on all levels with few
arguments to refute this hypothesis (see however, Deines et al., 1993).
2) Rayleigh distillation of mantle fluids: Loss of CO2 from the carbon-bearing
fluid (e.g., carbonate-rich fluid) will lower the 13C value of the remaining fluid
(Cartigny et al., 2001). As seen in Fig. 11.4, the 13CCO2-calcite value is on the order of 24‰ at mantle temperatures, so that under an extreme Raleigh fractionation process, the
13C values of a mantle fluid can be lowered substantially. This process can explain part
of the spread in 13C values seen in E-type diamonds, but requires an unreasonably large
amount of CO2 extraction to produce diamonds that are as light as 40‰. A trend towards
increasing 13C values in diamonds with decreasing depth from the Panda kimberlite,
Canada is interpreted as a result of carbon isotope fractionation of an upward percolating
carbonate-bearing metasomatic fluid/melt (Melton et al., 2013).
3) Inheritance of primordial light carbon: Extraterrestrial material has a wide
range of 13C values. The low 13C values could therefore be inherited directly from the
incorporation of light extraterrestrial material during Earth formation (Deines et al.,
1993). It is not clear why only E-type diamonds would preserve this low primordial
value. Furthermore, extraterrestrial material with 13C values as low as -40‰ are
extremely rare, mainly found in pre-solar diamonds (Smart et al., 2011), making this
explanation extremely unlikely.
Carbonatites and kimberlites
Carbonates in kimberlites and carbonatites are of deep-seated origin, and can be
used to constrain the 13C value of the mantle. There are advantages and disadvantages to
using carbonates compared to diamonds. Carbonatites are large masses of carbon-bearing
material and most likely have undergone minimal carbon isotope fractionation during
their formation or during ascent. The disadvantage of analyzing carbonates is that their
13C values can be modified during or following eruption. Degassing of CO2, surficial
meteoric water alteration, diagenesis, mixing with biogenic carbonates can all affect the
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13C values of carbonatites. None of these processes, on the other hand, will influence the
13C values of diamonds.
Taylor et al. (1967) measured carbon and oxygen isotope ratios of carbonatites
(mantle-derived carbonates) and were able to distinguish the most pristine samples from
those that had undergone significant exchange on the basis of C-O trends. The lowest
isotope ratios were used to define the ‘carbonatite box’ with 18O and 13C values of 6 to
8‰ and -5 to -8‰, respectively. Other carbonatite studies have used additional criteria
such as radiogenic isotope and trace element ratios, and depth of emplacement to subtract
the effects of late alteration or degassing. Deines and Gold (1973) concluded that the
average 13C value of carbonates is -5.1 ± 1.4‰, with statistically significant variation
between carbonatite complexes. Carbonates in kimberlites are extremely fine-grained.
The 13C value of kimberlites is statistically indistinguishable from carbonatites, but 18O
values are invariably higher due to hydrothermal exchange during or post emplacement.
Basaltic glass
Carbon is present in basaltic glass trapped as fluid inclusions, along grain
boundaries and as a dissolved component. Early studies gave a wide range of 13C which,
it is now apparent, was due to analytical problems. There are two distinct populations of
carbon that are released when samples are step-heated. At temperatures below 600°C
degassing in an oxygen atmosphere generates a low 13C CO2 gas (~-26‰). Upon further
heating (in excess of 1000°C) CO2 gas is liberated with a 13C value of approximately
-6.6‰. The CO2 evolved from low temperature heating is thought to be due to either
organic contamination or late degassing/fractionation associated with emplacement.
MORB glasses have a very consistent 13C value of -6.3‰; other basalt types show slight
variations from this value (Exley et al., 1986).
11.2.3 Nitrogen
The paucity of nitrogen isotope measurements in deep-seated rocks is partly
related to analytical difficulties which have only recently been overcome. Nitrogen is
present in trace quantities in igneous rocks, and even minor atmospheric contamination
will compromise an analysis. The low concentration of nitrogen in the mantle is an
analytical problem, but it is also a benefit. Even small amounts of recycled material
(crustal contamination), for example, could significantly alter the 15N of a sample. Thus,
nitrogen isotope ratios are very sensitive indicators of mantle heterogeneities and mixing
between reservoirs. In the last ten years, our understanding of nitrogen isotope
systematics in the mantle has improved dramatically, nevertheless, a complete
characterization of mantle isotope reservoirs and end-members is far from complete.
A thorough review of nitrogen isotope systematics in mantle materials can be
found in Marty and Dauphas (2003). The average 15N value of the mantle is -5‰
relative to AIR, although clear heterogeneities exist (Fig. 11.6). The 15N value of gases
extracted from MORB glass vesicles by crushing, range from -5 to +5‰. Samples with
high 40Ar/36Ar ratios (indicating minimal air contamination) have 15N values of -5 to
-3‰ (Marty and Humbert, 1997). Negative 15N values of N2 gases are found in volcanic
fumaroles (Sano et al., 2001; Fischer et al., 2002). When considered in conjunction with
other rare gas geochemistry, the fumarole-derived samples require a mantle component
that is significantly less than -5‰, possibly as low as -15‰ (Mohapatra and Murty,
11-10
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2004). The 15N value of diamonds has a strong mode at -5‰ as well, although there is
considerable scatter, with values ranging from -25 to +15‰. Li et al. (2016) proposed
that the mantle 15N value of -5‰ can be explained by a light enstatite chondrite source
(-25 to -15‰), with subsequent partitioning of light nitrogen into the core.
In contrast to MORB, deep mantle material, as sampled by mantle plumes has
15N values that are typically positive, ranging from –2 to 8‰. A number of explanations
for the variations have been presented. Javoy (1997) suggested that heterogeneities in the
mantle are remnants of heterogeneities of early accretion. Marty and Dauphas (2003)
proposed that the difference between plume-related samples and MORB can be explained
by secular variations in subduction. Archean sediments have 15N values as low as -6‰
(Beaumont and Robert, 1999), in comparison to modern sediments which are almost
always positive. Archean sediments with negative 15N values would have only been
subducted to shallow levels (due to the high temperatures early in the Earth’s history),
whereas younger material with positive 15N values could be subducted to much greater
depths. In this scenario, the MORB data represent early subduction of material with
negative 15N values, whereas mantle plumes tap a nitrogen reservoir related to much
younger (and deeper) subduction. The reason that nitrogen may trace crustal subduction
so clearly is simply that it has a very low concentration in unaltered mantle. Even slight
additions to the mantle are therefore evident.

Fig. 11.6. 15N values of different mantle sources. After Marty and Dauphas (2003).

11.2.4 Hydrogen
Determining the hydrogen isotope composition of pristine mantle is a daunting
endeavor, but one of significant importance. Knowing the abundance and isotopic
composition of the mantle places significant constraints on the source of water to Earth.
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The task of knowing the mantle hydrogen composition is complicated by the fact that
almost any modification that occurs during ascent from depth to the surface will alter the
hydrogen isotopic composition of whatever phase is hosting it. The very processes that
bring a sample from the mantle to the surface are themselves aberrations from normal
mantle conditions. For example, eruption of a xenolith-bearing kimberlitic magma is
initiated by infiltration of a metasomatic fluid, which could alter the D value of a
mineral in a xenolith. Degassing and hydrothermal contamination would also alter the D
value of the sample. The problem is made more acute because of the rapid diffusion of
hydrogen in minerals. In spite of these well-known problems, a number of researchers
have addressed the hydrogen isotope systematics of mantle samples.
Hydrogen isotope measurements of bulk mantle minerals, fluid inclusions, and
fresh glass from submarine basalts range from -120 to +13‰ (e.g., Sheppard and Epstein,
1970; Sheppard and Dawson, 1975; Kuroda et al., 1977; Boettcher and O'Neil, 1980;
Kyser and O'Neil, 1984), a huge range. In situ spot analyses from single amphiboles span
a range of more than 50‰ (Deloule et al., 1991; Xia et al., 2002). There are a number of
processes which can modify the hydrogen isotope composition of mantle phases during
ascent. Exchange with water can either raise or lower the D value of a glass or hydrous
mineral. Simple degassing will lower the D value, whereas dehydrogenation, or the
removal of molecular H2 will raise the D value of a hydrous phase (Feeley and Sharp,
1996).
Fresh submarine basalts encompass a wide range of both D values and water
contents. Kyser and O’Neil (1984) were able to explain D value - water content trends
in terms of degassing and addition of seawater (Fig. 11.7). By extrapolating these trends
back to the ‘unmodified’ D values
of the original basalts, they
concluded that the mantle has a
‘surprisingly constant’ D value of
~-80‰. According to Kyser
(1986), the hydrogen isotope
composition of the mantle is
“surprisingly uniform and best
explained by the presence of a
homogeneous
reservoir
of
hydrogen that has existed in the
mantle since the very early history
of the earth”.
Boettcher
and
O’Neil
(1980) analyzed a number of
phlogopites and amphiboles from
kimberlites and proposed a range
of deep-seated H2O of -58 to Fig. 11.7. Correlation of D value and water content for
-79‰. In contrast to the Kilauea (circles) and Mid-Atlantic Ridge samples (triangles).
phlogopites which had a relatively The Kilauea samples can be explained by addition of water,
while the MAR samples follow a CH4 degassing (volatile
restricted range, the D values of loss) trend. Both trends converge at an unmodified value of
amphibole
megacrysts
were ~-80‰. Trends are schematic. After Kyser and O’Neil
extremely scattered, ranging from (1984).
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-113 to +8‰. The very variable D values (combined with other chemical compositions)
led the authors to conclude that there are complicated, near-surface processes that involve
a discrete aqueous fluid. Late degassing behavior is supported by high-resolution ionmicroprobe studies, where variations of 50‰ over 100s of microns are found (Deloule et
al., 1991).
The D value of the mantle above subduction zones is inferred from materials
associated with these environments. Poreda (1985) found that basalts from the Mariana
Trough had a number of geochemical characteristics clearly indicating a subducted
component, including elevated water contents and 18O values, and low 3He/4He ratios.
The D values for these rocks are -46 to –32, consistent with an aqueous component from
a low-T altered seafloor basalt. High D values are also found in fresh boninite glasses,
supporting a subducted component to these materials (Dobson and O'Neil, 1987).
Giggenbach (1992) compiled data for volcanic and geothermal discharges around the
Pacific rim and proposed a magmatic ‘andesite’ water component with a D value of
-20±10‰. Basaltic water (D = -60‰) is brought to the mantle from hydrated basalt,
whereas the andesitic water is a mixture of oceanic crust, pore water, and clay minerals
accumulated in marine sediments. The distinctly different D values for basaltic and
andesitic water are due to dehydration of the different components occurring at different
levels in the subduction zone.
In spite of the apparent homogeneous reservoir of the Earth’s mantle with respect
to hydrogen isotopes, there are some notable exceptions. Perhaps the most striking
example comes from the primitive picritic lavas from the Baffin Islands (Hallis et al.,
2015). These lavas have very high 3He/4He values which are characteristic of consistent
with preservation of a primordial, undegassed volatile source6. The D values of melt
inclusions in olivines from these samples reach the exceptionally low value of -218‰.
Some surficial materials have far lower values, but there are no known mantle processes
that could lower the mantle D/H ratio to such low values. The low D/H ratios of these
samples are interpreted as direct incorporation of nebular hydrogen (Hallis et al., 2015),
in which nearly pure protium from the solar nebula is dissolved into an early magma
ocean (Sharp, 2017). More on this in Chapter 13.
11.2.5 Sulfur
Hulston and Thode (1965) determined that the 34S values of meteorites are near
0‰. The 34S values of MORB are very constant at +0.3 ± 0.5‰ (Sakai et al., 1984). As
is so often the case, what appeared at first glance to be a ‘well-behaved’ system got more
complicated as more data were collected (Fig. 11.8). In situ analyses of sulfide minerals
in E-type diamonds range from +2.3 to +8.2‰ (Chaussidon et al., 1987), which are
interpreted as evidence of subducted sulfur of terrestrial origin. Evidence for long term
recycling of oceanic and crustal sulfur was also found in metasomatized xenoliths from
Dish Hill, California, where 34S values are near +7‰, sourced from subducted crustal
sulfur (Wilson et al., 1996). Evidence for a subducted sulfur component is most definitive
in a recent study by Farquhar et al. (2002b) who found mass-independent 33S anomalies
He is a byproduct of radiactive decay from U, Th and K. 3He in mantle samples is primordial, meaning it
was acquired during the formation of the Earth. High 3He/4He ratios are therefore indicative of primitive
material that has not been contaminated by 4He from incompatible radioactive elements.
6

4
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in sulfides in diamonds from
Orapa
kimberlite.
Such
anomalies are normally found
in Archean sediments and are
only known from samples
formed at the Earth’s surface
(Chapter 10). Their discovery in
deep-mantle
xenoliths
is
compelling
evidence
for
recycling of an Archean sulfur
component. Additional mass
independent sulfur anomalies
have been found in mantle
plume samples, indicating that
Archean
sediments
were
subducted to great depths and
remained in place for billions of
years (Delavault et al., 2016).

Fig. 11.8. Sulfur isotope composition of sulfides from various
sources. Most data are near zero, with the notable exception of
eclogites and inclusions in diamonds from eclogites. These
data, supported by 33S anomalies, support a near-surface
origin of sulfur in eclogites. After Chaussidon et al. (1987).

11.3 Emplacement of plutonic rocks: Interactions with the crust and hydrosphere
Magmas undergo a number of physio-chemical processes that change their
isotopic composition on their arduous journey towards the Earth’s surface. These include
assimilation of crustal material, physical segregation by fractional crystallization,
degassing, and hydrothermal alteration. Interaction of submarine basalts with seawater
has already been discussed (Chapter 5), where 18O values of rocks can either be raised
or lowered depending upon the temperature of interaction. The more general case of
emplacement of plutonic rocks has been nicely outlined by Taylor in a number of
publications, notably (Taylor, 1978) for plutonic granitic rocks. Compiled whole rock
oxygen isotope data for a number of igneous rocks (Fig. 11.9) show a number of trends
and patterns that can adequately be explained by well-understood processes.
Stable isotopes, particularly oxygen and hydrogen are well suited to the study of
igneous rocks for the following reasons: 1) The oxygen and hydrogen isotope
composition of the source region – the mantle – is well known and uniform. 2) As has
been discussed for the mantle case, simple fractional crystallization does not affect the
18O value of a magma appreciably. Therefore, deviations from mantle values are
evidence of open-system behavior at some time during or after emplacement. 3) The 18O
values of sedimentary rocks are far higher than for igneous rocks. Combined with other
isotopic systems, such as 87Sr/86Sr, they can be used as a sensitive monitor for
sedimentary contamination. 4) The oxygen and hydrogen isotope composition of
meteoric and ocean water are unique and far different from those in equilibrium with
deep-seated igneous rocks. Combined hydrogen and oxygen isotope data can be used to
identify and sometimes quantify fluid-rock interaction in cases where other isotope or
chemical systems completely fail.
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Fig. 11.9. Compilation of oxygen isotope compositions of various igneous rocks. The 18O values
of lunar, meteoritic and most mafic and ultramafic rocks span a narrow range equal to the mantle.
Plutonic granitoids in general range from 7 to 12‰, values higher than 9‰ found in S-type
granites. There are a large number of altered rocks which plot both below and above the unaltered
granitoids values. Volcanic andesite, rhyolite and dacite rocks tend to have 18O values that are
several per mil lower than their intrusive equivalent. After Taylor (1974).

11.3.1 Normal igneous rocks
There are several common characteristics of unaltered igneous rocks. Whole rock
18O values range from 6 to 10‰7. The 18O values of coexisting minerals follow the
expected order of 18O enrichment: magnetite-biotite-hornblende-muscovite-plagioclasepotassium feldspar-quartz. The mineral fractionations correspond to high temperatures,
but generally less than those expected for assumed granite emplacement temperatures.
The explanation for the discrepancy is post-solidus exchange8. Typical 18O(quartzplagioclase) values are 1.5-2.5‰; 18O(quartz-K-spar) values are 1.0-1.5‰. Volcanic
rocks have 18O values that are generally 1-2‰ lower than chemically equivalent
intrusive rocks. Finally, there is a general increase in 18O with increasing wt % Si. The
increase, due in part simply to a higher modal abundance of quartz, has also been
Values up to 14‰ are found in granitic rocks derived from melting of sedimentary material (section
11.3.3).
7

8

Isotope fractionations corresponding to igneous emplacement temperatures are only preserved in very
rapidly cooled, anhydrous rocks. For example, basalts from Hawaii and lunar basalts both preserve
temperatures in excess of 1000°C.
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explained by incorporation of crustal material at some point (Grunder, 1987). Taylor
classifies granites (and more generally, plutonic rocks) into normal, low- and high-18O
groups (Table 11.1)
11.3.2. Shallow level hydrothermal alteration by meteoric water – low 18O plutonic
rocks
Igneous bodies emplaced at shallow levels in the crust commonly undergo intense
hydrothermal alteration. The high temperatures associated with the intrusion sets up
hydrothermal convection cells that can drive significant amounts of aqueous fluids
through the pluton and surrounding wallrock. Interaction with meteoric waters was
recognized as early as 1963 (Taylor and Epstein, 1963), but the magnitude of water-rock
interaction in shallow level plutons was not realized for another 20 years. Meteoric water
infiltration may have no effect on the chemical composition of a pluton other than for
stable isotope ratios (e.g., Criss and Taylor, 1983). Of course, hydrothermal waters can
dissolve large amounts of other elements, explaining hydrothermal ore deposits.
Table 11.1 Characterization of granitoids (Taylor, 1978).
Type
Normal

18O
6 to 10‰

D
-85 to -50‰

Low 18O

<6‰

>-150 to -85

High 18O

>10‰

Comments
This represents the vast majority of all
granites, granodiorites, quartz monzonites
The D values can be higher.
Hydrothermally altered granites
S-type granites and low-T hydrothermal
interaction

During shallow-level emplacement of a pluton, the pluton is the heat engine
driving convection. The effect is largest for rocks emplaced at shallow levels in
permeable host rocks, and will be most pronounced (from a stable isotope perspective) in
regions where meteoric water is extremely light. For this reason, the majority of
hydrothermal interaction studies have been made at high latitude/altitude. Modern
examples of interaction of intrusions with meteoric water are associated with geothermal
systems worldwide. Simply picture the spectacular thermal features at Yellowstone
National Park to gain a sense of the magnitude of this effect, where shallow level plutons
supply the heat for all of the magnificent hot springs and geysers seen at the surface
today.
Intrusive igneous rocks hydrothermally altered by meteoric water share a number
of characteristics, illustrated by an example from the Isle of Skye (Forester and Taylor,
1977). The 18O values of the altered rock are less than those of unaltered rocks,
dropping to below -5‰. There is a characteristic, concentric depletion of 18O values
towards the center of the complex. Low 18O values are seen both in the intrusive and
country rocks, demonstrating that the hydrothermal exchange occurred postemplacement. More alteration occurs in samples of higher permeability. D values of
amphiboles and chlorites are uniformly low relative to the mantle source, ranging from
-132 to -119‰. Both quartz (18O = -2.7 to +7.6‰) and plagioclase (18O = -6.7 to
+6.0‰) have 18O values well below those for normal granites, but the degree of
hydrothermal alteration and isotopic lowering is far greater for feldspars. 18O(quartz11-16
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feldspar) values are much larger than in normal granites, indicating that alteration of
feldspars was more intense than for quartz. Low 18O values of exchange-resistant zircon
(Gilliam and Valley, 1997) confirm earlier work by Forester and Taylor that the preemplacement 18O value of some of the later intrusions were lower than for normal
granites.
A nice example of a fossil hydrothermal system is found centered around a series
of shallow level granitic plutons in the Idaho batholith (Criss and Taylor, 1983). The 18O
values of altered plagioclase are as low as -8.2‰, compared to the initial values of 9.3‰.
The dimensions of the alteration cover over 15,000km. The 18O values can be
contoured, with a general bulls-eye pattern centered on the intrusion. In at least one case,
there is a 60 km diameter high-permeability ring fracture zone associated with caldera
collapse, in which the lowest 18O values are found (Fig. 11.10).
The above results can be used to produce a
general picture of shallow-level hydrothermal
alteration of plutonic intrusive rocks. First, it
should be recognized that meteoric waters do not
alter the 18O value of a pluton until it has
crystallized. This is because the partially-molten
pluton is at lithostatic pressure, while water in the
country rock is most likely at hydrostatic pressure.
Furthermore, the viscosity of a siliceous magma is
high and diffusion of water into the pluton is slow
and an inefficient process. Finally, the amount of
water necessary to significantly change the isotopic
composition of the magma is on the order of 15%,
far larger than the water-solubility of a silicate
liquid.
Once the magma crystallizes, however,
fracture networks can develop leading to intense
hydrothermal convection systems. In the case of
the Isle of Skye system, there are two apparent
mechanisms explaining the low 18O values; an
18
initially low 18O magma and post-emplacement Fig. 11.10.  O contours surrounding
Eocene plutons (red shaded areas) in the
hydrothermal exchange. The progressively lower Sawtooth Ring Zone (SRZ) of the Idaho
initial 18O values of each magma suite are Batholih, USA. The SRZ is a highexplained by successive intrusions having permeability zone due to collapse of the
18
incorporated wall-rock material of previously caldera, and is characterized by low  O
emplaced magmas whose 18O values had already values (<4‰, shown by thick contour lines
– values as low as -8‰ are measured) due
been lowered by hydrothermal interaction. Post- to massive influx of meteoric water.
solidus, a giant hydrothermal circulation system Simplified from Criss and Taylor (1983).
was set-up, resulting in continued lowering of the 18O values of feldspar. The
convection system would be focused towards the center of the pluton, which retained its
heat longest, resulting in higher fluid/rock ratios in the central zones and the observed
concentrically lower 18O values towards the center. This characteristic pattern, with
lower 18O values of feldspars towards the center has been seen in a large number of
igneous complexes.
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Not all low 18O volcanic rocks form by direct interaction with meteoric water.
Pope et al. (2013) determined that the low, yet uniform silicic 18O volcanic rocks from
the Krafla central volcano, Iceland are indicative of partial melting of basalts that had
previously undergone hydrothermal interaction with meteoric water.
The use of refractory minerals is another way to ‘see through’ the effects of late
alteration. Monani and Valley (2001) measured the oxygen isotope composition of
zircons from the well-studied low 18O British Tertiary Complex, Scotland. The 18O
values of zircons within an individual pluton are homogeneous, but generally lower than
those from typical igneous rocks. The authors conclude that the intrusions had
incorporated previously hydrothermally altered country rock, such that the igneous
bodies crystallized zircons in equilibrium with the low 18O magma. In a study of
Archean granitoids from the Anshan area, North China Craton, Wan et al. (2013) found
igneous zircons with 18O values as low as -11.3‰. On the basis of correlations with
radiogenic lead loss and U concentrations, the authors argue that post-emplacement
isotope exchange has occurred.
Without doubt, the most amazing example of hydrothermal infiltration is found in
the 1.9Ga Paleoproterozoic metamorphic rocks of the Belomorian Belt of Karelia, Russia
(Bindeman and Serebryakov, 2011). The lowest 18O and D values of these rocks are a
remarkable -27‰ and -235‰, respectively. The rocks have strong isotopic
heterogeneities on a sub-meter scale, demonstrating a near-surface hydrothermal imprint.
The protolith igneous rocks were located near their equator at the time of their
emplacement at 2.4-2.45 Ga. The extremely low isotope ratios for these rocks is
explained by alteration with glacial waters that were present during the snowball Earth
event at this time.
Extrapolation of the 18O values of the minerals to the actual meteoric water
values were made using the triple oxygen isotope system (Herwartz et al., 2015). As
shown in Fig. 11.11, the
unaltered and altered samples
from Karelia plot on a
mixing line between the
unaltered rock and the
meteoric water. The 18O
value of the actual meteoric
water is estimated by finding
the intersection of the
“Archean meteoric water
line” and the mixing line
defined by their measured
data. The results give an
extremely low 18O value of
~ -43‰. Such low values
17
18
Fig. 11.11. ' O-' O plot of hydrothermally altered and unaltered
today are only found in
igneous rocks from Karelia, NW Russia. The data can be fit with a
extreme
high
latitude
mixing line (curved line) that passes through the global triple
environments, such as the
oxygen isotope line at 18O~-43‰, in agreement with earlier
inland regions of Antarctica.
estimates for alteration during a snowball Earth event.
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11.3.3 High 18O igneous rocks
There are three ways in which an igneous rock can attain high 18O values. These
are 1) inheritance from the original magma (e.g., anatexis of original high 18O material);
2) high-temperature hydrothermal exchange with high 18O country rocks and 3) low
temperature exchange with a meteoric fluid. As we saw in Chapter 5 for the oceanic
crust, the fractionations between minerals and water become so large at low temperature
that water-rock interaction raise the 18O value of the rock, even when the 18O value of
the water is low. Various methods have been used to ascertain which mechanism is
responsible for causing high 18O values, and are briefly explained in the following
section.
The two distinct processes, anatexis (melting of country rock) and lowtemperature exchange with country rock can usually be distinguished by considering
spatial variability. The isotopic composition of original homogeneous, high 18O magmas
may vary between intrusive events, but should be constant for each distinct intrusion.
Even if the magma body was heterogeneous, it should not correlate with distance to the
country rock. On the other hand, if the high 18O character of an intrusion results from
exchange with the country rocks following emplacement, then we would expect to see a
spatial relationship between 18O values and distance from the contact. Combining
oxygen, hydrogen and strontium isotope data (as well as old fashioned mineralogy!) may
also be used to distinguish these two mechanisms.
Typical S-type (sedimentary) granites, with high Al contents and muscovite, are
generated by incorporation of sedimentary material. Sediments generally have high 18O,
D and 87Sr/86Sr values, all features that are seen in S-type granites. The 18O values of
S-type granites are over 10‰, compared to 7-9‰ for I-type (igneous) granites (e.g.,
O'Neil and Chappell, 1977). The 87Sr/86Sr ratios of I-type granites are generally 0.704 to
0.706, while S-type granites have 87Sr/86Sr ratios over 0.708 up to 0.720. Groundmass
minerals show the predicted isotopic enrichment trends, but in some cases, such as the
Tuscan Magmatic Province, Italy, large sanidine crystals (1-5 cm in length) have 18O
values that are 0.5 to 1.5‰ too high for the groundmass, indicating mixing of two distinct
magmas (Taylor and Turi, 1976). These data cannot be explained in terms of either low
temperature alteration or exchange with country rocks.
Several clear-cut examples of high-temperature exchange post-emplacement have
been found. Southern California batholiths intruding high-grade pelitic rocks have high
18O values only at the margins (Turi and Taylor, 1971). Because quartz, as well as
feldspar and biotite, have high 18O values, exchange with the country rock probably
occurred at high temperatures. If the alteration had occurred at low temperatures, then the
far more resistant quartz (relative to feldspar) would have retained its original isotopic
composition. An important condition of high temperature exchange with country rock is
that the country rock must be hot prior to intrusion. Otherwise, the heat necessary to melt
the rock could not be generated by the intrusion.
Examples of high 18O granites caused by low-temperature hydrothermal
alteration are found worldwide. There are a number of mineralogical features that are
characteristic of low temperature alteration. In terms of stable isotopes, the strongest
evidence comes from the large ‘isotopic reversal’ between quartz and feldspar. Low
temperature hydrothermal exchange affects feldspar, but not quartz. In the Butler Hill
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pluton, Missouri, the 18O(quartz-feldspar) values can be contoured throughout the pluton
(Wenner and Taylor, 1976). They are near equilibrium values in the northeast, and
decrease to negative values in the southwest. Meteoric waters responsible for the low
temperature exchange are calculated to have had 18O = -6 to 0‰; D = -25 to 0‰.
These values are too high for modern meteoric water, but are equivalent to saline
formation waters that existed in the region. Extensive Na and Fe metasomatism in the
area supports a brine origin for the fluids.
11.4 Calculating Fluid-rock ratios
It is clear that fluid-rock interaction has occurred in many intrusive bodies. The
low 18O values that are commonly seen attest to the fact that large amounts of water
have passed through and interacted with the rock. To a first approximation, the amounts
of fluid can be determined using the simple mass balance relationship (Taylor, 1978)
f
f
X rock  δirock  1  X rock  δiwater  X rock  δ rock
 1  X rock  δ water

11.1

where Xrock is the molar fraction of the element in the rock, (1-Xrock) is the molar fraction
of the element in water, i is the initial value, f is the final value. Equation 11.1 is
equivalent to mixing a set amount of rock and water with initial isotopic compositions
and allowing them to react at high temperature as a closed system. Because the system is
closed, the 18O value of the system cannot change. The proportion of water and rock,
given by the water/rock ratio can be calculated by rearranging the above equation to the
form

W / R

f
δ rock
 δirock



f
δiwater  δ rock
 Δr w



11.2

where W/R is the water/rock ratio (in mole fraction) and r-w is the equilibrium
fractionation between that rock and water after they have equilibrated (i.e.
f
f
 r  w   rock
  water
). Although this equation allows us to quantify the water/rock ratio in
the closed system case, keep in mind that several of the variables in equation 11.2 cannot
be measured. First, the initial 18Orock value is estimated, either on the basis of similar
rock types, or from measured values of a sample far removed from the effects of
alteration. Likewise, the initial 18Owater value is estimated, either from paleogeographic
reconstruction of meteoric water values, or for a range of assumed values. The r-w value
is estimated from an assumed temperature of reaction, an assumed equilibrium
fractionation between water and rock and by making one final assumption that the water
and rock were in isotopic equilibrium9. It is worth mentioning these uncertainties not so
much as to discourage researchers from making such calculations, but to remind us that
there are real limitations and uncertainties in such estimates. Fluid/rock ratio estimates

9

The details are quite complex. Different minerals interact with hydrothermal fluids at different rates.
Some minerals, such as feldspar, equilibrate quickly, while others, notably zircon (King et al., 1997), may
never reequilibrate with the fluid.
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Fig. 11.12. Combined oxygen-hydrogen isotope composition of a granodiorite infiltrated by meteoric
water with an initial composition 18O = -16‰, D = -120‰. The D values of the biotites are
affected by even small amounts of water, whereas far larger W/R ratios are required to change the
18O value of the rock. Very low W/R ratios are not realized because the water will not flow when
present in such small quantities. The trajectories are calculated for 18Ofeldspar-H2O = +2‰ and DbiotiteH2O = -30 to -40‰ After Taylor, (1978).

can be very informative, but only as a rough indication of what actually occurred in the
rock.
Equation 11.2 is for the physical condition where all water enters a rock as a
single event, equilibrates with it, and is then expelled. This is the ‘closed system’, or
single pass case of water-rock interaction based on mass balance. In the more dynamic
‘open system’, or multi pass case, an infinitesimally small amount of water infiltrates the
rock, equilibrates with it, and is then expelled. This model is more realistic and better
models the situation of fluids streaming through the rock. Mathematically, the open
system case is obtained by differentiating and integrating equation 11.2 to give

 δi  Δ  δ i
r w
rock
W / R  ln  i water
f
 δ water  δ rock

Δ
r w











11.3

or
W / R  ln W / R closed system  1



11.4.

A more detailed examination of the caveats of the above equations and additional onedimensional mixing models are given in Chapter 14.
Taylor (1978) considered the effects of water-rock interaction on the combined
isotopic systems of oxygen and hydrogen. Because the hydrogen concentration of a rock
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is only a fraction of the oxygen concentration, interaction with meteoric water affects the
isotopic composition of hydrogen much more strongly than oxygen. That is to say, for a
fixed amount of water infiltration, the effective molar W/R ratios for hydrogen will be
much larger than for oxygen10. The combined effects of hydrothermal alteration on
hydrogen and oxygen isotopic compositions is shown in Fig. 11.12 for infiltration by a
light meteoric water. Even for very low W/R ratios, the D values of the hydrous minerals
change rapidly, while oxygen isotope ratios remains essentially unchanged. Only when
W/R ratios become quite high do we see the 18O values of the rock change, by which
time, hydrogen in the hydrous phases has essentially completely equilibrated with the
infiltrating fluid. This is completely analogous to what we see during carbonate
diagenesis, where carbon changes more slowly than oxygen (Chapter 6, Figure 6.8). The
result is a dog-leg shaped profile of hydrogen oxygen isotope ratios for a complete
sequence of W/R ratios. Measured D/18O values of intrusive complexes have been
shown to follow the predicted trend (e.g., Criss and Taylor, 1986).
11.5 Other processes: Degassing, assimilation and fractional crystallization
11.5.1 Magmatic volatiles
Volatiles in magmas are the primary cause of explosive eruptions. Calculating the
speciation of volatile phases and measuring their abundance in magmas is difficult,
because solubilities change with pressure and temperature, phase changes occur in
response to redox state, and degassing and/or late contamination will alter abundances
and stable isotope ratios of magmatic volatiles. The major volatile species measured in
volcanic gases are H2O, CO2, SO2, H2S, H2, and HCl (Taylor, 1986). Gases measured in
basaltic glass vesicles consist primarily of CO2.
Volatile degassing has essentially no effect on the 18O value of a magma. This is
because the atom proportion of oxygen leaving the system is too small to change the
value of the silicate reservoir. Carbon, hydrogen and sulfur isotope ratios, on the other
hand, both of the evolved gas and the residual magma, can change dramatically during
degassing because the proportion of the element entering the gas phase can be significant.
This is seen, for example, in the 13C values of fluid inclusions in MORB. The 13C
values range from -9 to -4‰ (Pineau and Javory, 1983), which can be explained in terms
of fractionation between a mafic melt and CO2 gas under closed-system conditions.
Devolatilization effects can be especially large for hydrogen isotopes of residual
melts and hydrous phases. Hydrogen isotope ratios in basaltic glasses range from the
expected ‘primary basalt value of -80‰ up to as high as -30‰ (compilation of Taylor,
1986). These data are consistent with degassing, as the lighter isotopologues of water
should diffuse out of the melt faster than the heavier ones. In granitic plutons, there is a
well-recognized correlation of D values with water (Taylor, 1986). As an example of
this effect, Nabelek et al. (1983) measured the 18O and D values of samples from the
composite granitic Notch Peak stock, Utah. Oxygen isotope ratios are more-or-less
constant, but hydrogen isotope ratios vary by more than 50‰. The hydrogen isotope
variations are well correlated with total water content and are concentrically zoned within
each intrusion. The data can be explained entirely by a Rayleigh fractionation process.
Loss of D-enriched H2O vapor will lead to crystallization of hydrous minerals with ever
10

This, of course, assumes that all the interstitial water is equilibrated with the hydrous minerals.
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Fig. 11.13. D values vs water content of fresh
obsidian from Little Glass Mountain, Medicine
Lake Highland, California, USA. The decrease of
D values from the undegassed samples follows an
open system Rayleigh fractionation trajectory,
suggesting that the low values are primary features
of open system degassing, not of interaction with
meteoric water. After (Taylor et al., 1983).

decreasing D values11. By the time 90%
of the H2O is lost from the system, the D
values of biotites will decrease by 40 to
50‰.
Taylor et al. (1983) measured the
water content and D values of water-rich
obsidian ejecta associated with rhyolite
volcanism. There is a regular lowering of
D values associated with degassing as
seen in Figure 11.13. The data are best
explained by open system Rayleigh
degassing. A major conclusion of Taylor
et al. is that low D values can be
explained by open system behavior, and
do not require an influx of meteoric water.
Loss of hydrogen – as opposed to water –
can lead to similar behavior, but because
H2 is depleted in deuterium compared to
minerals or melt, the D values of
partially dehydrogenated biotites may
have extremely high D values (Feeley
and Sharp, 1996). Overall it is clear that
the minor volatile elements in magmas –
H, C, N and S – which strongly partition
into the fluid/vapor phase can undergo
large fractionations under conditions of
volatile loss.

11.5.2 Assimilation-Fractional Crystallization (AFC) processes
Taylor (1980) and DePaolo (1981) derived models for evaluating changes in
isotope ratios of magmas due to assimilation of country rock and the effects of fractional
crystallization. In particular, the authors showed that simple binary mixing models of
18
O/16O and 87Sr/86Sr ratios do not adequately describe trends associated with
assimilation. In the following discussion, the mechanisms of AFC are considered first in
terms of simple fractional crystallization of a cooling magma and then for assimilation of
country rock.
Crystallization and removal (by settling) of minerals in a magma chamber can be
modeled using closed-system Rayleigh fractionation, where
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11.5.

Remember that the D value of water is higher than coexisting melt, in contrast to 18O.
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Here, F refers to the fraction of element remaining in the melt,  omelt is the initial melt
composition,  melt refers to the isotopic composition of the melt at F, and  is the
fractionation between melt and crystal. For oxygen isotopes, values of  are on the order
of 1.001 (18Omelt – solid = 1‰), and even 95‰ crystallization will only nominally affect
the 18O value of the remaining melt. Similarly, the D value of the melt will change by
less than 20‰, even if 80% of hydrogen is removed to the melt phase (assuming a meltmineral fractionation of no more than 10‰). In other words, fractionation of H and O
isotopes during crystallization cannot be large. Fractional crystallization will have no
effect on Sr isotope ratios, because the fractionation between the isotopes of this heavy
element are negligible.
Assimilation of wall-rock material can have much larger effects if the initial
isotopic composition of the wall-rock is different from that of the magma, and a large
proportion of wall-rock is incorporated into the melt. How much wall rock is assimilated
is limited by available heat. Heat is generated from the latent heat of crystallization of a
magma, which can then be made available for melting the country rock. The initial
background temperature of a country rock determines how much of it will melt.
Obviously, less heat is needed to melt a rock that is already hot.
Characteristic mixing for heavy radiogenic isotopes differs from stable isotopes in
several respects. First, there is next to no isotopic fractionation between different phases
(although small stable isotope fractionations do occur, e.g., Rüggeberg et al., 2008), and
second, the concentrations of the elements and isotopic ratios in the assimilating wall
rock, magma and crystals can be very different. Therefore, even small amounts of mixing
can drastically affect radiogenic isotope ratios. Thus assimilation and fractional
crystallization will affect oxygen and strontium isotope ratios in very different ways. The
equations governing AFC processes are complex and can be found in DePaolo (1981)
and Taylor (1986). The utility of AFC models is that combined isotopic trends in

Fig. 11.14. 18O-87Sr/86Sr plot of gabbros (orange squares), diorites (pink squares), granodiorites
(green circles) and granites (yellow circles) from the Granite Harbour Intrusives, Antarctica. The
diorite data cannot be formed by mixing between granite and gabbro. Instead, they require an
assimilation component of the local Mt. Abbot granulites. After (Dallai et al., 2003).
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complex magmatic suites can be interpreted in terms of either simple mixing between
endmembers or more complicated scenarios where assimilation of wallrock is required to
explain the data. As an example, Dallai et al. (2003) posed the question whether a suite of
Cambrian-Ordovician gabbros, diorites, granodiorites and granites forming the Mt.
Abbott composite intrusions (Northern Victoria Land, Antarctica) could be generated
from simple fractional crystallization and mixing or whether assimilation of country rock
was necessary. The combined oxygen and strontium isotope data clearly require
assimilation of the locally abundant Mt. Abbot granulites (Fig. 11.14). Simple mixing of
the gabbros and granites will generate a hyperbolic mixing line that does not include the
diorite data.
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